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Abstract
Earth and Mercury are the only terrestrial planets in our solar system with present-
day magnetic dipole fields generated by internal dynamo systems. In contrast, Mars
and the Moon show evidence of past dipole fields in the form of crustal magnetic anoma-
lies; to hold measurable magnetizations, crustal materials must have been exposed to
an applied field. While the physical principles of magnetic recording are consistent
between terrestrial planets, the particular conditions at each planet control the mech-
anisms by which crustal materials may be magnetized and limit the types of minerals
that can retain magnetic remanence. As the suite of magnetic materials used for studies
of remanence expands, the need for new methods follows. The integration of rock mag-
netic techniques with microscopy and chemical analyses enables the reconstruction of
increasingly comprehensive narratives of remanence acquisition and alteration, even in
materials that are challenging to study using traditional methods. This thesis demon-
strates the utility of a materials approach to rock magnetism by applying techniques
designed for terrestrial use in a planetary context. The first of two case studies focuses
on calcite cave deposits as a means to demonstrate how novel techniques can be used
to unlock previously inaccessible archives of magnetic information. Tandem magnetic
and microscopic analyses improve our understanding of the rock magnetic properties of
weakly magnetic stalagmites and their potential for paleomagnetic research, as well as
illuminating the pathways of remanence acquisition in cave systems. The second case
study addresses the magnetic anomalies recently detected by the MESSENGER orbiter
at Mercury. These anomalies are consistent with remanence acquired in a dipole field.
However, in the absence of physical samples, the types of magnetic minerals that could
be holding remanence in Mercury’s hot, highly reducing surface environment have not
yet been determined. Orbital data is combined with fundamental rock magnetic prin-
ciples to constrain the magnetic mineralogy of Mercury and to propose mechanisms of
magnetization and remagnetization in the lithosphere.
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Chapter 1
Introduction
1.1 Planetary Magnetism
The Earth’s magnetic field has been extensively characterized by decades of geophysical
research focused on both the active dynamo field enveloping the planet today and the
past field recorded in ancient geological materials. As the earliest measurements of mag-
netized rocks are integrated with modern analyses, the behavior of the paleomagnetic
field may be understood in increasingly fine detail. The basic geophysical principles
that define the study of magnetism on Earth are applicable throughout our solar sys-
tem, particularly on other terrestrial bodies like Mars, Mercury, and the Earth’s Moon.
Although the generation of magnetic fields is highly dependent on compositional and
structural constraints, the Earth’s magnetic field provides a baseline to which the mag-
netic properties of other planets can be compared. The improvement of magnetometer
technology and the use of complementary non-magnetic methods are now providing ways
to measure and decipher previously inaccessible magnetic records in rare and weakly
magnetic mineralogies. A process-based approach to paleomagnetic research enables us
to unlock magnetic archives even in cases where no physical samples are available.
1.1.1 Magnetic Dynamo Fields
Most of the planets in our solar system have had magnetic fields of their own at some
point in their history, and many of those fields are still present today. Electrical currents
deep in a planet’s interior can generate dynamo fields, which arise from a combination
1
2of factors that transcend planetary composition; inner solar system terrestrial planets
and outer solar system gas giants alike have shown evidence for dynamo fields. At
a fundamental level, the interaction of a moving electrical conductor and some initial
magnetic field produces positive feedback, reinforcing the magnetic field and creating a
self-exciting circuit. The resulting magnetohydrodynamic field is largely self-sustaining,
but its intensity and orientation are not stable throughout geologic time, nor is its
lifespan infinite. Energy input is required to counter the loss of magnetic field due to
electrical resistivity (Butler , 1992). In planetary systems, fluid motion due to thermal or
compositional convection in the liquid portion of the core produces the energy necessary
to reinforce the field (e.g., about one fourth of the total heat flux on Earth is required
to generate and sustain its magnetic field) (Butler , 1992; Stevenson, 2010). However,
without that energy input, the dynamo field will decrease in intensity and ultimately
fail.
A dipole with north and south poles provides a simple model of a magnetic field
outside of its source region and is generally taken as representative for natural magnetic
fields, though small contributions from non-dipolar components are common. A basic
mathematical understanding of a dipolar dynamo field and its stability requirements
can be achieved through the induction equation, which combines Ohm’s law, Ampere’s
law, and Faraday’s law of induction:
∂B/∂t = λ∇2B +∇× (v ×B) (1.1)
where B is the magnetic field, v is the fluid motion relative to a rigidly rotating frame
of reference, and λ ≡ 1/µ0σ is known as the magnetic diffusivity (µ0 is the permeability
of free space (4pi × 10-7 SI) and σ is the electrical conductivity in S/m, which is assumed
to be constant but varies with composition) (Stevenson, 2010).
The application of this idealized model of dynamo field generation differs from planet
to planet. In particular, the timescale of field decay is broadly dependent on a planet’s
composition and the size of its core. From Equation 1.1, if v = 0 (indicating that there
is no fluid motion), the field will undergo free, or diffusive, decay on a timescale τ , where
τ ≈ L2/pi2λ. (1.2)
L is some characteristic length scale of the field no larger than the radius of the
3conducting region, namely the core (Stevenson, 2010). Electrical conductivity may be
approximated for each class of planets: terrestrial planets with iron-nickel alloy cores
at ∼5×105 S/m, gas giants with liquid metallic hydrogen cores at ∼2×104 to ∼2×105
S/m, and ice planets at ∼1×104 S/m (Stevenson, 2010). The dynamo field of a gas giant
may therefore be expected to last longer than that of a terrestrial planet of equivalent
core size, whereas between two terrestrial planets, the planet with the larger core will
sustain a dynamo field for a longer period of time.
These theoretical assertions about field longevity hold in the absence of fluid motion
in a planet’s core. However, when fluid motion plays an active role, the potential
effects of other factors—both internal and external—on the field must be considered.
On Earth, the differentiation of dense elements at the inner core/outer core boundary
drives mantle convection processes whose mechanical energy is converted to magnetic
energy that in turn produces the dynamo field (Merrill and McFadden, 1990). Variations
in this fluid motion produce geomagnetic field instabilities with a range of timescales
and geographic extents. The most dramatic are polar reversals, during which the dipole
field decreases in intensity, shifts to an antipodal orientation, and is re-established in
this new orientation. Such events have a duration of thousands to tens of thousands
of years and typically occur several times per million years. In a magnetic excursion,
the dipole field decreases in intensity and changes orientation by > 40◦ (Barbetti and
McElhinny , 1976) but does not remain in the new orientation, returning instead to its
initial state. The duration of an excursion is typically on the order of thousands of years
on Earth. In contrast, the geomagnetic pole’s random walk relative to the geographic
pole may be measured on annual to decadal timescales. This polar wander, or secular
variation, includes any changes of orientation by ≤ 40◦ from the initial state of the field.
Although planetary fields have a general tendency toward decrease in strength over
time, it is not yet known whether the fields of planetary bodies aside from Earth have
undergone these types of internally produced variations. In contrast, external factors
are expected to have substantial effects on many planetary fields. For instance, impacts
have been proposed as a mechanism for the large-scale alteration of dynamo fields;
an impact of sufficient force could inhibit or induce core fluid flow, as in the case of
suggested dynamo generation mechanisms for the Moon (Le Bars et al., 2011). The tilt
of the dipole field relative to the spin axis controls not only the distribution of perceived
4field strengths at the planet’s surface, but also the geometry of the magnetosphere and
its relationship with the solar wind, whose plasma can strip away a planet’s atmosphere
and ionosphere over time (see Connerney et al., 2015).
1.1.2 Examples of Active Planetary Dynamo Fields
Among the terrestrial planets of the inner solar system, two—the Earth and Mercury—
have presently active, internally generated magnetic fields, both of which are associated
with metallic core-mantle dynamo systems. The Earth’s dynamo produces a largely
dipolar field with an average present-day intensity of 50 µT, although perceived field
strengths and orientations vary with latitude at the planet’s surface. The geodynamo
has been extensively characterized and therefore serves as a standard to which other
planetary magnetic systems may be compared.
Mercury is the only other inner solar system planet with an active dipole field
expected to be produced by a dynamo. Initial results from the Mariner 10 mission
indicated that Mercury was unlikely to have a dipolar field (Ness et al., 1974), but
subsequent analyses (Ness et al., 1975, 1976) and later measurements by the MErcury
Surface, Space ENvironment, GEochemistry, and Ranging (MESSENGER) orbiter show
that Mercury’s field, like that of the Earth, is primarily a dynamo-generated dipole, with
minor contributions from other sources (Johnson et al., 2015). The Mercurian magnetic
axis is aligned with the planet’s rotational axis, but the dipole is offset to the north by
approximately 475 km, producing hemispheric asymmetry in exposure of the surface to
incident magnetization (Philpott et al., 2014; Anderson et al., 2011).
The planets of the outer solar system have fundamentally different compositions from
the inner solar system terrestrial planets. Jupiter, Saturn, Uranus, and Neptune have all
shown evidence for active, dynamo-generated dipolar fields; however, the hydromagnetic
systems of these planets are driven by liquid metallic hydrogen cores. The magnetic
field of Jupiter is the largest coherent structure in the solar system aside from the
heliosphere itself. With an extent of millions of kilometers, Jupiter’s field is so strong
that is can interfere with the magnetic flux of ions from other bodies, including its
own moons. Saturn has a spin-axisymmetric magnetic field, the second largest after
Jupiter’s, and also interacts with its moons, although it is distinguished by an apparent
lack of magnetic axial tilt. Both Uranus and Neptune have dynamo-generated fields
5with substantial (> 50◦) tilt and hemispheric asymmetry, accounted for by both dipole
and quadrupole components (Stevenson, 2010).
In 2012, it was shown that the asteroid Vesta could have a dipolar, dynamo-generated
field (Fu et al., 2012), suggesting that planet size and status are not necessary for a body
to have a dynamo field or a noteworthy magnetic signature (Stevenson, 2010).
1.1.3 Planetary Remanence
As planetary magnetic fields change in intensity and orientation, these changes may be
recorded by crustal rocks. At any particular moment in time, at a given location on
a planet, that planet’s magnetic field can be represented as a vector with magnitude
and direction. When rocks form or are altered by diagenetic processes, the magnetic
minerals contained within can lock in information about ambient conditions at the time,
including this magnetic vector. Changes in planetary field vectors over time are recorded
progressively and, in some ferromagnetic materials, are preserved for millions to billions
of years. This retention of information about past states of a magnetic field is known
as remanent magnetization or remanence.
Paleomagnetism is the study of changes in the intensity and orientation of magnetic
fields over time, as recorded by geological materials. The feasibility of paleomagnetic
study of any material is dependent on its magnetic mineralogy, including the composi-
tion, morphology, grain size, and abundance of magnetic minerals within a given sample.
These fundamental rock magnetic properties determine the mechanisms by which re-
manent magnetization may be acquired, the longevity of this record (in the absence of
external mitigating factors), and the ease with which remanence may be analyzed in a
laboratory environment.
While the techniques of rock magnetic and paleomagnetic research were designed for
application to the Earth, their principles can be applied to other terrestrial inner solar
system planets, which host many of the same mechanisms of magnetic recording. Plan-
ets with iron-rich cores are likely to host related suites of iron minerals, whose capacity
for long-term magnetic recording makes them ideal targets for studies of remanence, al-
though differences in magnetic mineral compositions and formation pathways influence
their potential. For instance, each ferromagnetic material has a characteristic temper-
ature, known as the Curie temperature (or the Ne´el temperature in antiferromagnetic
6materials), above which its magnetic moments are randomized. When the material is
cooled through its Curie temperature, its magnetic moments statistically align with the
ambient magnetic field and retain that orientation. The Curie temperature, which is
determined by (and thus diagnostic for) the composition of a ferromagnetic material,
therefore indicates whether a material would be capable of holding remanence in various
temperature conditions.
Every planetary lithosphere is subject to a unique set of processes that can affect
the remanence acquired by crustal rocks. Magnetization may be acquired during initial
formation in an igneous environment, post-formation transport, deposition, impacts,
heat cycling above the Curie temperature, or other processes that vary between planets.
The remanence held by magnetic minerals is highly sensitive to changes in composition,
grain size, and oxidation state. With sufficient time, all remanence decays to zero; all
ferromagnets have an intrinsic relaxation time that dictates how long they can hold a
magnetic record. (Rock magnetic properties are further described in Chapter 2.)
1.1.4 Evidence of Past Fields: Crustal Anomalies
When planetary remanence does not correspond with a planet’s present-day field, it can
be interpreted as evidence of a past state of the field. The Earth, Mercury, and Mars
have shown evidence for crustal remanence in the form of magnetic anomalies, which
are detectable from satellite orbit for all three planets as well as in physical samples
from the Earth and Mars. The Earth and Mercury are the only inner solar system
planets with active dynamo fields. Ancient remanence held in crustal rocks has been
shown to be the product of fields with different intensity and (on Earth) orientation from
the modern field, indicating that the magnetic field has changed since the acquisition
of magnetization (Johnson et al., 2015). In contrast, Mars does not have an active
dynamo field in the present day, but orbiter measurements indicate that crustal rocks
were magnetized in a strong field comparable to that of the Earth. This suggests that
the weak ambient magnetism measurable today is the remnant of a much stronger past
field (see Acun˜a et al., 1999; Lillis et al., 2013; Connerney et al., 2005, 2015).
The Earth’s Moon also shows evidence for remanent magnetization, although two
conflicting models have been proposed to connect observed patterns of crustal anomalies
with underlying mechanisms of formation and remanence acquisition. In one model,
7crustal fields are interpreted to have been produced entirely by impacts, suggested by
the finding that crustal anomalies tend to follow surface traces of ejecta from the Moon’s
largest impact basin (Wieczorek et al., 2012). In the other model, the crustal magnetism
detected on the Moon is shown to be consistent with residual fields from what was once
a strong dynamo, comparable in intensity to that of the Earth (Weiss and Tikoo, 2014).
Both mechanisms appear viable, and lunar remanence may have been acquired through
a combination of these two systems.
1.1.5 Induced Magnetization
Although magnetohydrodynamo planetary fields and residual crustal magnetic fields are
common in our solar system, these are not the only sources of planetary magnetism.
Induced magnetization occurs when an external source of magnetism acts as an ap-
plied field and produces a measurable, non-remanent magnetic response in susceptible
materials. This type of magnetism dominates several outer solar system bodies and is
expected to contribute to measured field strengths on inner solar system planets as well
(Johnson et al., 2015; Stevenson, 2010). For example, Venus does not have an intrinsic,
internally generated magnetic field, but it may have an induced field produced by the
interaction of solar wind with the planetary ionosphere. This kind of induction response
may also be at work on several of Jupiter’s moons, whose salty water oceans are highly
susceptible to magnetism (Stevenson, 2010). (Further details on the mechanisms of
induced and remanent magnetization are provided in Chapter 2.)
1.2 A Rock Magnetic Approach to Planetary Geophysics
Geophysical analyses offer a link between physical samples and the observable, yet
intangible, forces at work in planetary bodies. Most planetary geoscience relies on
remote observations by orbiters, in situ measurements by landers, and the analysis
of meteorites and manually returned samples by scientists on Earth. The rarity of
physical samples from other planets presents a major challenge for paleomagnetism,
which typically requires laboratory analyses. Meteorites are difficult to place in the
context of their source regions, which can make their relative position in a planetary
field during magnetization impossible to determine. In contrast, manually returned
8samples with known origin latitudes permit the measurement of magnetic records of
planetary fields without substantial alteration during transport, but as of this writing,
geological material has only been collected directly and retrieved from the Earth’s Moon.
While in situ mineralogical measurements are available for the Moon, Venus, Mars, and
Saturn’s moon Titan, lander data has not been returned for other terrestrial bodies.
These challenges may be surmounted through the simple assertion that the physical
principles that define magnetism are universal. By integrating datasets from orbital
magnetometers with measurements of surface topography and chemical composition,
we may derive useful, testable models of magnetic processes on other planets. Through
innovative combinations of techniques from multiple fields, traditional rock magnetic
methods can be adapted and applied to other planetary systems, even in the absence of
natural samples. (More information about characterization methods may be found in
Chapter 3.)
1.2.1 Rock Magnetism and Paleomagnetism
Magnetic analysis of geological materials holds distinct advantages over many non-
magnetic techniques. Magnetic study is largely non-destructive, which allows the anal-
ysis of precious or rare materials with low risk. Rock magnetic methods are often
more sensitive to small populations of magnetic grains than chemical techniques, which
typically require larger volumes of material. For most geological materials, magnetic
responses to an applied field can be measured using a magnetometer in a laboratory
environment, in the field, or remotely from orbit. These techniques can provide a vast
suite of information about magnetic mineralogy. Every ferromagnetic mineral has in-
trinsic properties that dictate its behavior in an applied field, with variation introduced
by grain size, alteration, and impurities. These properties control a given mineral’s
capacity for remanence acquisition and retention.
In cases where in situ or laboratory measurement is not possible, integrating miner-
alogical information with remote magnetization data from orbiters enables the applica-
tion of rock magnetic techniques in a planetary context. By way of example, many of
the most common magnetic minerals on Earth exhibit diagnostic behaviors below room
temperature. For instance, magnetite (Fe3O4) undergoes a structural transition that is
accompanied by a loss in magnetization on cooling through ∼120 K. This phenomenon,
9known as the Verwey transition, is unique to magnetite and may therefore be used
to determine its presence in a sample. High-temperature behavior is also diagnostic;
as discussed above, each ferromagnetic material has a unique Curie temperature (TC)
dependent on its composition, and if a material is heated above its TC, its magnetic
record is effectively erased. Identifying one or more TC in a bulk sample by heating
enables the identification of its constituent magnetic minerals. Measured temperature
variations in the lithospheres of planets for which direct magnetic analysis has not yet
been conducted can also provide constraints for the evaluation of potential carriers of
magnetization.
Physical and chemical changes to magnetic grains can affect their magnetic proper-
ties in measurable ways, enabling the reconstruction of a grain’s transport, deposition,
and post-depositional alteration history. Chemical alteration through processes like
fluid flow or atmospheric exposure may induce grain growth, oxidize minerals to new
compositions, or even dissolve and recrystallize entire grains. Physical alteration of bulk
samples through transport can rearrange the magnetic moments of constituent grains,
disrupting the original record of any field present during formation. In some cases,
post-depositional alteration is clearly evident; for instance, when a calcite (CaCO3) sta-
lagmite on Earth undergoes micritization, during which new carbonate crystals form to
fill in micropores produced by the dissolution of the host carbonate, interruptions to
the stalagmite’s otherwise regular crystal structure are often recognizable at the micro-
scopic and hand sample scale (Mart´ın-Garc´ıa et al., 2007). However, in other materials,
alteration can be difficult to identify prior to magnetic analyses. Ocean sediments are
often plagued by grain rotation and settling processes that produce systematic post-
depositional alteration in the form of inclination shallowing, wherein measured rema-
nence orientations are shallower in inclination than expected for a given ambient field
(Latham et al., 1982; Tauxe and Kent , 2004). On all terrestrial planets, high-velocity
impacts introduce heat and pressure capable of fully melting or vaporizing crustal ma-
terial, enabling the acquisition of an entirely new remanence (Louzada et al., 2011).
Many rock magnetic methods have been calibrated for idealized materials with pure
compositions, regular (often spherical) grain shapes, and defect-free crystal structures.
The experimental results obtained from natural materials are often markedly differ-
ent from expectations based on these ideal systems, and the limitations of established
10
techniques have been highlighted in recent years as new, non-traditional materials are
subjected to rock magnetic analyses. The extremely small volumes of magnetic mate-
rial in calcite stalagmites, for example, are challenging to characterize through standard
low-temperature methods and are nearly undetectable in coarse experiments on bulk
samples (Strauss et al., 2013).
1.2.2 Non-Magnetic Characterization of Magnetic Materials
Some of the difficulties presented by the edge cases described above can be surmounted
through the use of innovative sample preparation techniques that remove barriers to
magnetic measurement. The physical separation of ferromagnetic grains from their ma-
trix enables the concentration of magnetic material and the elimination of confounding
contributions to net magnetization of non-ferromagnetic material, thereby allowing the
determination of magnetic mineralogy in geologic materials previously considered too
weak for efficient rock magnetic analysis (Strehlau et al., 2014). However, when applied
to a collection of magnetically extracted grains without the context of their host rock,
magnetic techniques may be unable to answer questions about their routes of trans-
port and deposition. Further, in delicate samples, it may be difficult to discern minute
compositional differences between similar mineralogies without using potentially dam-
aging thermal methods. Complementary non-magnetic techniques, particularly imaging
and chemical analyses, can be used to overcome the limitations of standard magnetic
methods and facilitate the development of a more comprehensive understanding of the
material properties that affect magnetic remanence.
While microscopic imaging of thin sections or intact samples can illuminate the spa-
tial relationship between magnetic grains and their host rocks, the imaging of magnetic
separates reveals the morphologies of individual grains, providing insight into formation,
transport, and depositional histories. Both physical transportation and chemical disso-
lution can affect otherwise pristine grains, leaving cracks or pits indicative of particular
systems of diagenetic alteration. Exsolution lamellae and other magnetic microstruc-
tures are diagnostic of igneous formation pathways. The presence of these structures
is difficult to confirm with magnetic techniques alone, but they are readily imaged at
the micron scale. The microscopic characterization of magnetically extracted material
can therefore reveal the contributions of grains whose role in remanence is not apparent
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from bulk magnetic measurements.
The characterization of grain size is critical for studies of remanence, as magnetic
minerals typically exhibit stable remanence in a limited range of grain diameters. How-
ever, this terminology may be misleading. Magnetic grain size is defined based on
domain state, which is the compartmentalization of magnetic moments in a grain in or-
der to maximize energy efficiency. Grains with a single magnetic domain are expected to
be magnetically stable over geologic timescales, while those with multiple domains are
expected to be less stable. These generalizations are based on ideal compositions and
isotropic grain shapes, and therefore are not necessarily representative of the physical
size of a grain, particularly in natural materials. Grain size and shape as they relate
to transport and deposition can be more precisely determined through morphological
analyses.
When sufficient material is available, chemical analyses of magnetic samples may
reveal compositional details that allow the differentiation of magnetic minerals to a
finer extent than standard magnetic analyses. For example, while magnetic techniques
can confirm the presence of magnetite (Fe3O4) in a sample through identification of the
Verwey transition (as described above), the diagnostic Morin transition for hematite
(α-Fe2O3) at ∼260 K is often suppressed in samples whose hematite is nanometer-scale
(Dunlop and O¨zdemir , 1997). Chemical techniques provide an alternative to Curie tem-
perature experiments in cases where heating to high temperatures is not desired (e.g.,
calcite undergoes thermal decomposition and degassing at temperatures below the Curie
temperature of magnetite (Rodriguez-Navarro et al., 2009)). Energy dispersive X-ray
spectroscopy (EDXA or EDS) allows the quantification of compositions in individual
grains, verifying and expanding the range of identifications made from magnetic data
by enabling the differentiation of grains with similar magnetic properties. Spectroscopic
analyses conducted remotely from orbit can also provide constraints on a planet’s mag-
netic mineralogy through compositional assessment of remanence-bearing formations
and quantification of element abundance.
The application of both magnetic and non-magnetic methods in tandem therefore
enables a more complete characterization of magnetic materials, revealing new informa-
tion that neither analytical approach could attain on its own.
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1.3 Thesis Objectives
To improve our understanding of the geological materials responsible for magnetic re-
manence throughout planetary systems, established rock magnetic techniques must be
applied in novel ways, integrating remote data and non-magnetic methods to charac-
terize previous unstudied mineralogies. The objectives of this thesis can therefore be
summarized as follows:
• To establish the crucial role of rock and paleomagnetic methods in the broader
context of planetary geophysics, expanding beyond the limited suite of materials
traditionally used in terrestrial studies in order to prove the potential of these
techniques for extraterrestrial research interests.
• To show, through the analysis of calcite speleothems, the capabilities of a tan-
dem magnetic and non-magnetic approach to questions typically probed by rock
magnetism alone, thereby unlocking a previously inaccessible archive of magnetic
information linked to geomagnetic field behavior and changing paleoenvironmental
conditions.
• To identify the crustal minerals responsible for the preservation of Mercury’s past
magnetic field in crustal anomalies, demonstrating the utility of rock magnetic
methods in planetary systems in the absence of physical samples and constraining
the conditions in which magnetization could have been acquired and altered.
1.4 Thesis Outline
Descriptions of the basic concepts of rock and planetary magnetism are provided in
Chapter 2, with more information about the techniques and methodology used in this
work in Chapter 3. Two case studies are given in Chapters 4 and 5. Chapter 4 focuses
on the magnetic mineralogy of calcite speleothems, a novel material for Earth-based
paleomagnetic study. Chapter 5 turns to the magnetic mineralogy of Mercury, with
respect to its crustal remanence. Chapter 6 offers concluding remarks and suggestions
for future work in the area of Mercurian magnetism, including material synthesis and
analysis in lieu of sample collection.
Chapter 2
Theory
An understanding of the principles of magnetism is required to effectively apply mag-
netic techniques to geological materials. In this chapter, the basic theories of magnetism
relevant to rock magnetic study are described. Further details on these topics can be
found in Butler (1992); Collinson (1983); Dunlop and O¨zdemir (1997) and Tauxe et al.
(2014).
2.1 Magnetism
2.1.1 Magnetism at the Atomic Level
The electric currents that produce magnetic fields at the atomic level are produced by
electron motion, which takes two forms: the orbit of an electron about the nucleus and
the spin of the electron itself. The classical physics approach to magnetism takes an
electronic orbit as a miniature circuit, wherein the magnitude of the orbital magnetic
moment, µo, is equivalent to the current multiplied by the area of the orbit:
µo =
(eω
2pi
)
pir2 =
er2ω
2
(2.1)
where e is the charge of the electron and ω is the velocity of the electron. However,
this approach relies on a stable, predictable orbit with fixed area, which is inconsistent
with the quantum mechanical model of electron orbits. Equation 2.1 may be modified
to account for the angular momentum L of an electron with mass me:
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L = mer
2ω (2.2)
µo =
er2ω
2
=
e
2me
L = ml
e~
2me
= mlmb (2.3)
where m l is the component of L in the direction of the applied magnetic field and ~
is Planck’s constant. mb, then, is the Bohr magneton, the fundamental unit of magnetic
moment. Substituting values for known quantities, mb = 9.274 × 10-24 Am2.
The spin magnetic moment, µs, of an electron with a spin s of ±12 , is
µs = 2smb. (2.4)
When an electron shell is completely filled, all of its electrons are paired, resulting
in zero net magnetic moment. Only unfilled electron shells contribute to an atom’s
total orbital magnetic moment. The exchange interactions between electron magnetic
moments in these shells form the basis of permanent magnetism; through spontaneous
alignment of moments, a net magnetic field can be produced even in the absence of
external fields.
2.1.2 Expanding Definitions
For geophysical purposes, a magnetic moment, m, can be defined in terms of a pair of
magnetic charges or a loop of electrical current.
For a pair of magnetic charges (Figure 2.1a) with magnitude b, separated by in-
finitesimal distance vector l, the magnetic moment m is
m = bl. (2.5)
For a loop of electrical current I (Figure 2.1b) with area A, m is
m = IAn (2.6)
where n is the vector of unit length perpendicular to the plane of the loop.
The presence of a magnetic moment in either form produces a magnetic field H ,
which is defined as the force experienced by a unit positive magnetic charge within
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Figure 2.1: (a) Pair of magnetic charges with magnitude b, separated by distance vector
l. (b) Loop of electrical current I with area A. n is the vector of unit length perpen-
dicular to the loop. (c) Magnetic field lines produced by a dipole magnetic moment,
as experienced at point P where r is the radial distance from the moment and θ is the
angle from the moment.
the region of the field (Figure 2.1c). A dipole magnetic moment m, then, results in a
magnetic field with radial and tangential components defined as
Hr =
1
4pi
2m cos θ
r3
(2.7)
and
Hθ =
m sin θ
4pir3
(2.8)
respectively, at a given point where r is the radial distance from the moment and θ
is the angle from the moment.
The magnetization, M , of a material is its magnetic intensity, defined as the net
magnetic dipole moment per unit volume:
M =
∑
i
m i
volume
(2.9)
At any point in a magnetic field, the field has direction and magnitude, which can
be represented as field lines known as magnetic flux. The density of flux in such a vector
field is termed the magnetic induction, B . The relationship between magnetic induction
and the magnetic field H is defined as
B = µ0(H + M ) (2.10)
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Figure 2.2: Types of magnetic behavior according to magnetization M in an applied
field H. (a) Diamagnetism (χd ≤ 0). (b) Paramagnetism (χp ≥ 0) or antiferromagnetism
(see Section 2.2.1). (c) Ferromagnetism (χf is nonlinear).
where M is the magnetization and µ0 is the permeability of free space.
There are two types of magnetization: induced magnetization, which is produced
only when a material is in the presence of a magnetic field, and remanent magnetization,
which results from exposure to a field and persists even after the field is removed.
Magnetic susceptibility, χ, defines the relationship between an applied field and the
resulting magnetization, indicating how easy it is to change the magnetization of a
given material:
M = χH (2.11)
where H is the applied field, χ is the susceptibility (dimensionless), and M is
the resulting magnetization. While susceptibility is given here as a scalar, implying a
linear relationship between M and H, magnetically anisotropic materials have a three-
dimensional susceptibility tensor, X. Further, when all of the magnetic moments in
a substance are aligned, its magnetization reaches a maximum value known as the
saturation magnetization (M s), departing from the theoretical linear relationship.
2.1.3 Induced Magnetization
Induced magnetization is produced when a material is exposed to a magnetic field and
returns to zero when the field is removed. Response to an applied field may be used
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to divide induced magnetic behavior into two categories: diamagnetism and paramag-
netism.
Diamagnetism
When a magnetic field is applied to an electron orbiting around an atom’s nucleus, the
electron experiences torque that changes its angular magnetic moment. This produces
a weak induced magnetization antiparallel to the applied field, termed the diamagnetic
response. All materials exhibit a diamagnetic response to applied fields. However,
only those whose atoms lack unpaired electron spins and therefore do not possess net
atomic magnetic moments are classified as diamagnetic materials, as their diamagnetic
response is not obscured by the effects of applied fields on atomic moments. Diamagnetic
susceptibility, χd, defines a negative linear relationship between the applied field and the
magnetization produced, independent of temperature (Figure 2.2a). When the applied
field is removed, magnetization returns to zero.
Paramagnetism
Unlike the atoms of diamagnetic materials, the atoms of paramagnetic materials have
net magnetic moments, though adjacent moments do not interact. Unpaired electron
spins behave as magnetic dipoles, and when a magnetic field is applied, spins align to
produce a net magnetization parallel to the field, consistent with a positive susceptibility
(Figure 2.2b). When the applied field is removed, electron spins revert to an effectively
random orientation and magnetization returns to zero.
Paramagnetic behavior is dependent on temperature because of the reaction of
atomic magnetic moments to both applied magnetic fields and thermal energy. At
temperatures above absolute zero, when thermal energy vibrates the crystal lattice, the
orientation of atomic magnetic moments oscillates rapidly. In the absence of a magnetic
field, this oscillation is random and the distribution of atomic magnetic moments is equal
in all directions, resulting in a net magnetization of zero. When a magnetic field is ap-
plied, atomic magnetic moments are subject to an aligning torque. The magnetostatic
energy, Em, is given by
Em = −m ·B = −mB cos θ (2.12)
18
where m is the magnetic moment and θ is the angle between the magnetic moment
and the applied field, B (see Equation 2.10). Em is minimized when the magnetic
moment is aligned with the magnetic field.
Langevin theory leads to a useful approximation of paramagnetism and its rela-
tionship with temperature, based on the competition between thermal (randomizing)
energy and magnetic (aligning) energy. According to statistical thermodynamics, the
relative probability, P(θ), of an atomic magnetic moment with a magnetic energy of
Em is
P (θ) = exp
(
Em
kT
)
(2.13)
where k is the Boltzmann constant and T is the temperature. The degree of align-
ment, which controls the net magnetization M , therefore depends exponentially on the
ratio of magnetic energy to thermal energy. When all spins are aligned, magnetization
is maximized, constituting a saturation magnetization M s equivalent to the number of
spins N multiplied by their moment mb. The Langevin function, L(α), is defined as
M
Ms
= coth(α)− 1
α
= L(α) (2.14)
where
α =
mB
kT
(2.15)
When the thermal energy (kT ) is much greater than the magnetic aligning energy
(mB), the Langevin function is approximately linear, with L(α) ≈ α/3. At room tem-
perature,
L(α) =
M
Ms
≈ mbµ0
3kT
H (2.16)
By rewriting this equation, we find the Curie law of paramagnetism, which
establishes the relationship between temperature and paramagnetic susceptibility, χp:
M
H
=
mbµ0
3kT
Ms =
Nm2bµ0
3kv
1
T
= χp (2.17)
where v is volume. Thus, paramagnetic susceptibility is inversely proportional to
temperature.
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2.2 Ferromagnetism and Remanence
When adjacent atomic magnetic moments in a material interact, a magnetization may be
produced even in the absence of a magnetizing field. This type of magnetization, termed
remanent or spontaneous magnetization, occurs only in ferromagnetic materials. The
interaction of magnetic moments can produce a net magnetization orders of magnitude
larger than those of paramagnetic materials. This strong interaction is explained by the
Pauli exclusion principle, which states that no two electrons in the same atom can have
the same set of quantum numbers (i.e., two electrons cannot have the same electron shell,
subshell, orbital, and spin). In a crystalline solid comprised of many atoms, electron
probability distributions may partially overlap. As a result, electrons of adjacent atoms
may attempt to satisfy Pauli conditions for both atoms at once, producing a coupling
effect. The susceptibility of ferromagnetic materials χf does not have a simple fixed
value; the relationship between the applied field and the resulting magnetization as
described in Equation 2.11 is complicated by the interaction of atomic moments (Figure
2.2c).
For a given ferromagnetic material, the saturation magnetization, M s, defines the
maximum magnetization that the material can achieve, regardless of further increases in
the intensity of the applied field. A material is said to be magnetically saturated when all
constituent magnetic moments have aligned with the applied field. The ease with which
saturation may be achieved in a ferromagnetic material is dependent on crystallography;
variations in interatomic distance control the strength of coupling and thus control the
exchange energy within a material in different directions. This phenomenon is known as
magnetocrystalline anisotropy. M s also varies inversely with temperature because of the
increased interatomic distance, which weakens the exchange interactions between atomic
moments. At the material’s Curie temperature, TC, moments are no longer interacting,
no net magnetization is produced, and the material’s magnetic behavior is paramagnetic.
The Curie temperature is a characteristic property of each ferromagnetic material. In
the absence of an applied field, magnetic moments above TC are effectively randomized,
with a net moment of zero. (The analogous temperature at which magnetism disappears
in antiferromagnetic materials is called the Ne´el temperature, TN.)
When a ferromagnetic material is exposed to an applied field below TC, exchange
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Figure 2.3: Types of ferromagnetism. Black arrows are magnetic moments; red indicates
the net moment. (a) Ferromagnetism, strictly defined. (b) Antiferromagnetism. (c)
Ferrimagnetism.
interactions, which can be conceptualized as an internal field, are strong relative to the
external field. To understand ferromagnetic susceptibility above TC, we must consider
the properties of this internal molecular field Hm, known as the Weiss molecular field.
Hm is proportional to magnetization M, such that the total magnetic field a substance
experiences (H tot) is
Htot = H +Hm = H + βM (2.18)
where H is the external field and β is the constant of proportionality. Above TC,
there is no internal field, so βM = 0. Following the explanation of Langevin theory in
paramagnetic materials (Section 2.1.3):
M
H
=
µ0Nm
2
b
v3k(T − TC)
≡ χf (2.19)
(As above, µ0 is the permeability of free space, N is the number of spins, mb is
their moment, v is volume, k is the Boltzmann constant, and T is the temperature of
the material.) This is the Curie-Weiss law, which defines ferromagnetic susceptibility
above a material’s Curie temperature.
2.2.1 Types of Ferromagnetism
Ferromagnetism as described above is loosely defined as the permanent magnetization
that results from alignment of unpaired electron spins, even in the absence of an applied
field. Ferromagnetic materials are subdivided into three categories of exchange-coupled
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magnetic behavior: true ferromagnetism, antiferromagnetism, and ferrimagnetism (Fig-
ure 2.3).
According to the strict definition of ferromagnetism, ferromagnetic materials (Fig-
ure 2.3a) have parallel coupling both within layers of atomic magnetic moments and
between those layers, whose magnetic moments have the same magnitude and orienta-
tion. This produces a stacking effect, adding the magnetization of each layer together
such that purely ferromagnetic minerals are generally strongly magnetic.
In contrast, in antiferromagnetic materials (Figure 2.3b), coupling of magnetic
moments is antiparallel between layers and the layers have equal magnetic moments so
that alternating layers cancel. As a result, in an ideal antiferromagnetic material, the net
magnetization is zero. Two common classes of non-ideal antiferromagnetic materials can
produce net nonzero magnetic moments: those with imperfect alignment of moments,
whose slight offset is termed ‘spin-canting’; and those with crystal structure defects that
lead to uncompensated spins that produce a defect moment.
In ferrimagnetic materials (Figure 2.3c), coupling of magnetic moments is antipar-
allel between layers and the layers have unequal magnetic moments. The resulting mag-
netization vector points in the direction of the layer with dominant (stronger) moments.
This net magnetization is typically smaller than that produced by true ferromagnetic
materials.
2.2.2 Domain Theory
The magnetization of a ferromagnetic particle is controlled by a variety of energies, as
outlined above. Magnetic grains will always seek the configuration of magnetization
that minimizes their total energy.
Atomic magnetic moments may be represented as pairs of magnetic charges. Within
a particle, adjacent (paired) charges cancel, but a magnetic charge distribution is pro-
duced at the surface of the particle. According to domain theory, for a spherical ferro-
magnetic particle with uniform magnetization (Figure 2.4a), one hemisphere has positive
charge while the other has negative charge. The repulsion between adjacent charges in
this distribution stores energy, which is termed magnetostatic energy.
Grains can form magnetic domains, partitioning magnetizations so that charges
of opposite sign are adjacent, rather than separated, and cancel (Figure 2.4b). This
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Figure 2.4: (a) Spherical single-domain (SD) grain with distribution of surface charges.
(b) Multidomain (MD) grain showing moments separated by domain walls, resulting in
zero net magnetization and no surface charges. After Butler (1992).
reduces the percent of the grain surface covered by magnetic charges and thereby reduces
magnetostatic energy. The number of magnetic domains decreases with decreasing grain
size. Domains are separated by domain walls, inside which atomic magnetic moments
change progressively from the orientation of one magnetization to that of the adjacent
magnetization.
If a grain is so small that the energy required to create a domain wall is greater
than the decrease in magnetostatic energy that would result, subdivision is energeti-
cally unfavorable. A single-domain (SD) grain is small enough to contain only one
magnetic domain. The grain diameter below which particles are single domain is the
single-domain threshold grain size, d0, which varies from mineral to mineral depending
on factors such as grain shape and saturation magnetization. In pseudo-single do-
main (PSD) grains, which are close to (but larger than) d0, magnetostatic energy is
minimized by the deviation of adjacent spins from strict parallelism. The arrangement
of magnetization ranges from a ‘flower’ state, in which magnetizations deflect slightly
from parallelism, to a ‘vortex’ state, in which magnetizations curl around a central axis
or core to reduce surface charges. With further increase in size, the formation of domain
walls becomes energetically favorable and grains subdivide into multiple domains. The
magnetic behavior of such multi-domain (MD) grains is far more complex than that
of SD grains, which are controlled by a variety of energies.
Interaction energy is the interaction between the applied magnetic field and the
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atomic magnetic moments of individual ferromagnetic particles, integrated over ferro-
magnetic grain volume. When an external magnetic field is applied, the resulting torques
on the magnetization counter internal aligning energies that resist rotation. SD grains
have a uniform saturated magnetization whose intensity cannot be changed through
the application of an external magnetic field, but the orientation of this magnetization
can be changed through rotation toward alignment with the field, which is the favor-
able minimum energy state. Resistance to this rotation is produced by anisotropies of
energies within crystals that define preferred directions for magnetization.
The internal demagnetizing field is the magnetic field internal to a ferromagnetic
grain, resulting from its distribution of surface charges. This internal field opposes the
magnetization of the grain and its extent along a particular direction is proportional
to the percentage of the grain surface covered by magnetic charges when the grain is
magnetized in that direction. In a spherical SD grain, the same percentage of the grain
surface will be covered by magnetic charges regardless of the direction of magnetiza-
tion. The magnetostatic energy of an ellipsoid grain, then, is the interaction energy
of the grain’s magnetization with its internal demagnetizing field. Shape anisotropy
arises from the non-uniform distribution of magnetic surface charges in non-spherical
grains because of their internal demagnetizing field. In a non-spherical particle, differ-
ent directions will have different distributions of surface charges. The density of these
charges depends on direction, as does the extent of internal demagnetization. This type
of anisotropy is dominant in elongate particles.
Magnetocrystalline anisotropy occurs when magnetocrystalline energy is min-
imized along particular crystallographic directions in a particle, termed magnetocrys-
talline ‘easy’ directions. This effect arises from the dependence of exchange energy
on the crystallographic direction of magnetization (see Section 2.2 above). Magnetic
energy may be dominated by magnetocrystalline anisotropy in SD particles with no
shape anisotropy or with low saturation magnetization. Magnetostriction, or stress
anisotropy, is the product of the strong dependence of exchange energy on the phys-
ical interaction between orbitals in neighboring atoms. When the positions of these
atoms are changed through strain, their interaction will also change, altering magnetic
behavior. Conversely, changes in magnetization change the shapes of orbitals and can
thereby alter the shape of the crystal itself. Like magnetocrystalline anisotropy, stress
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anisotropy results in a minimization of energy along particular ‘easy’ directions.
The stability of magnetization in magnetic grains is directly controlled by their
anisotropy energies. Magnetic anisotropy determines the energy required to change a
magnetic moment from (for instance) one ‘easy’ direction to another within the grain.
There is an energy barrier to rotation of magnetization through the ‘hard’ direction
and additional energy, constituting a coercive force, is required to overcome it. An
applied magnetic field of sufficient intensity can provide magnetic energy that exceeds
the anisotropy energy. The microscopic coercivity, hc, is the magnetic field required
to force the magnetization of one uniformly magnetized, saturated particle over this
magnetic anisotropy barrier.
2.2.3 Hysteresis
For a sample composed of multiple ferromagnetic particles, the net magnetization M is
given by the vector sum of the magnetizations of individual particles, mn (from Equation
2.9):
M =
∑
n
vnmn
sample volume
(2.20)
where vn is the volume and mn is the magnetic moment of an individual ferromag-
netic particle.
A hysteresis experiment measures the magnitude of a sample’s net magnetization
M in response to an applied magnetic field (Figure 2.5). For a sample that has never
been exposed to a magnetizing field, the magnetizations of constituent ferromagnetic
particles are randomized and M = 0. As an initial magnetizing field is applied in some
positive direction (+H ), interaction energy causes the magnetization of each individual
grain to rotate toward alignment with the field. This is measured as an increase in
net magnetization with increasing applied field strength; the stronger the field, the
better the statistical alignment of grain magnetizations and the higher the resulting
magnetitude of net magnetization. If the applied field is sufficiently strong to overcome
the effects of anisotropy-induced energies, all grain magnetizations will align with the
field and the sample will reach its saturation magnetization (M s).
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Figure 2.5: Parts of an idealized hysteresis loop tracing magnetization (M ) in response
to a changing applied field (H ) in a ferromagnetic material, beginning at H = 0 and M
= 0. Saturation magnetization (M s) is the maximum magnetization that the sample
is capable of reaching regardless of further increases in field strength. When the field
is reduced to H = 0, the remaining magnetization is the remanent magnetiation (M r).
The field required to reduce M back to zero is the bulk coercive force (H c). For ideal,
non-interacting uniaxial grains, the coercivity of remanence (H cr) is the field at which
M = M s/2; see text for more detail.
As the magnetizing field is removed, the magnetizations of individuals grains ro-
tate to align with the direction of minimum magnetostatic energy, typically the long
axis of the grain because of the strong influence of magnetostatic anisotropy. The net
magnetization that remains after the field is removed (H = 0) is termed the rema-
nent magnetization or remanence, M r. The ratio M r/M s represents the efficiency of
acquisition of remanence in a sample.
The net magnetization of a sample with remanent magnetization may be forced back
to zero through the application of a magnetic field opposed to the initial magnetizing
field. As a field is applied in the negative direction (-H ), again, the magnetizations
of initial grains rotate toward alignment with the field. As more moments are forced
away from their saturation configuration, net magnetization decreases toward zero. The
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magnetic field required to reach zero net magnetization is the bulk coercive force or
coercivity, H c. H c is determined by the distribution of microscopic coercivities in a
sample and does not depend on the concentration of ferromagnetic material. As the
magnitude of the negative field continues to increase, more magnetic moments rotate
into alignment with the field, opposite to their initial saturation magnetization. For
idealized, non-interacting uniaxial grains, the coercivity of remanence, H cr, is the
magnetic field required to flip half the moments, such that M = M s/2. In this case, H cr
can be estimated from a hysteresis loop. In the more general case, H cr is the magnetic
field required to reduce M r to zero and is measured in zero field in order to address
remanent rather than induced magnetization.
This neatly constrained hysteresis behavior is typical of single-domain (SD) grains,
whose coercivity values are relatively high and give rise to their magnetic stability on
geological timescales. (For many common magnetic minerals, H c is quite large relative
to the intensity of ambient planetary fields.) In larger multi-domain (MD) grains,
domain walls complicate the behavior of magnetic moments in response to applied fields.
As a magnetic field is applied in the positive direction (+H ) to a MD grain, domains
with their magnetization parallel to the field grow preferentially in size, pushing domain
walls toward the edges of the grain. To reach the grain’s saturation magnetization M s,
the applied field must be strong enough to destroy domain walls. As the field is removed,
domains re-form, with domain walls sweeping in from grain edges toward their initial
positions and settling in energy minima near those positions. The resulting nonzero net
magnetization constitutes a remanent magnetization, M r, at H = 0. To force the net
magnetization of a sample composed of MD grains back to zero, an opposing field (-H )
must be applied, driving domain walls back into their initial (zero moment) positions.
Because domain walls can easily overcome energy barriers and sweep readily through
most MD grains, the saturating and coercive fields for these grains are typically much
lower than those for SD grains.
Historically, MD grains have been considered poor carriers of remanent magnetiza-
tion because of the small fields (weaker than ambient planetary fields in some cases)
required to change or remove their net magnetization. The majority of classic rock
magnetic theory is based on the behavior of small SD grains, which are expected to
be stable over geological timescales. However, recent work (Lindquist et al., 2015) has
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shown experimental evidence that microscopic imperfections in MD grains enable them
to behave more like SD grains and, potentially, to retain useful records of magnetic fields.
Microscopic imperfections in large grains, such as dislocations or inclusions, are able to
pin domain walls in place, increasing the bulk coercivity of the grain and suggesting
that remanence could be held more stably over longer timescales than previously antici-
pated (Lindquist et al., 2015). Pseudo-single domain (PSD) grains exhibit intermediate
behavior, which is both complicated and capable of stable remanence and which results
from the complex micromagnetic structures (e.g., vortex states) that arise from their
intermediary size.
2.2.4 Magnetic Relaxation
As per Section 2.2 above, below the Curie temperature (TC) of ferromagnetic minerals,
the internal molecular field dominates magnetization while interacting with any external
fields. Anisotropy energy provides barriers to changes in magnetization. However, as
demonstrated by the existence of hysteresis behavior, external fields clearly do have
an effect on magnetization. The mechanisms behind this effect, particularly thermal
energy, enable magnetic moments to surmount anisotropy energy barriers and move
toward alignment with the field.
Thermal energy ET = kT, where k is the Boltzmann constant and T is temperature.
As temperature increases, more grains are likely to have sufficient ET to overcome
anisotropy energy E a. For a sample with initial magnetization M 0, in the absence of
an applied magnetic field, anisotropy energy will keep the moments of individual grains
in their set orientations so that magnetization remains constant. At some temperature,
a portion of these grains will have sufficient thermal energy to overcome the anisotropy
energy and allow their magnetic moments to shift away from their initial orientation.
Over time, the constituent magnetizations of the sample will be randomized and its net
magnetization as a function of time, t, will decrease toward zero:
M(t) = M0 exp
(−t
τ
)
(2.21)
τ is the time required for remanence to decay to 1/e of M 0, termed the relaxation
time. This value indicates the probability that a given grain will have sufficient thermal
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energy to overcome the anisotropy energy and change its magnetization. In zero external
field,
τ =
1
C
exp
(
Ea
ET
)
=
1
C
exp
(
Kv
kT
)
(2.22)
where C is a frequency factor and anisotropy energy is given by the dominant
anisotropy parameter K multiplied by the grain volume v. Relaxation time is there-
fore proportional to coercivity and volume and inversely related to temperature. For
SD grains with high coercivity, τ can be on the order of billions of years. In con-
trast, smaller-than-SD grains have sufficient thermal energy to frequently overcome the
anisotropy energy. In the absence of an applied field, their magnetic moments are quickly
randomized; in the presence of an applied field, their moments rapidly align with the
field. These superparamagnetic (SP) grains have relaxation times on the order of
102 to 103 seconds and are effectively incapable of retaining remanent magnetization on
geological timescales.
2.2.5 Ferromagnetic Minerals
The shape and unpaired spins of the 3d orbital of transition elements is particularly sus-
ceptible to the exchange interactions that produce magnetization. As a result, magnetic
remanence is characteristic of materials containing transition elements with incomplete
3d orbitals, particularly iron (Fe), nickel (Ni), and cobalt (Co). Several important types
of ferromagnetic minerals are described here, with further additions in later chapters.
The most common magnetic minerals on Earth are iron-titanium (Fe-Ti) oxides,
in which titanium can substitute for iron through solid solution. In iron oxide minerals,
oxygen can act as a link between cations that would otherwise be too far apart for direct
interaction of their 3d orbitals through the phenomenon of superexchange, coupling the
electrons of oxygen’s 2p orbital with those of the 3d orbitals of neighboring transition
elements. Two iron oxide solid solution series are of particular importance to terrestrial
rock magnetic research: the ulvo¨spinel-magnetite series, called titanomagnetites, and
the ilmenite-hematite series, called titanohematites or hemoilmenites.
Titanomagnetites (Fe(3-x)TixO4, where 0 ≤ x ≤ 1) are cubic minerals with a spinel
crystal structure that occur as primary minerals in igneous rocks or as the products of
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Figure 2.6: Ternary diagram of iron oxide minerals.
oxidation at high temperature. The unit cell of a titanomagnetite is face-centered cubic,
with both octahedral and tetrahedral cation sites. The A sublattice is composed of eight
sites per unit cell in tetrahedral coordination, while the B sublattice has 16 sites per
unit cell in octahedral coordination. The magnetic properties of titanomagnetites arise
from exchange coupling between the A and B sublattices and their 24 total cations.
Magnetite (Fe3O4), the Ti-free titanomagnetite endmember (x = 0), has an inverse
spinel structure. In a normal spinel, like cations occupy sites in the same sublattice,
whereas in an inverse spinel, different cations may occupy sites in the same sublattice.
In the case of magnetite, the two B sites are occupied by one Fe2+ cation and one Fe3+
cation, while the remaining Fe3+ cation occupies the A site. This produces an oppor-
tunity for exchange interaction between the cations of the A and B sublattices, which
may couple through superexchange via an intermediary O2- anion. Within a sublattice,
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the magnetic moments of cations are coupled in parallel. Between the two sublattices,
moments are coupled in antiparallel configuration. For each unit cell, the moments of
the two Fe3+ cations (one per sublattice) cancel and net magnetization arises from Fe2+
cations alone. Magnetite is therefore ferrimagnetic. The Curie temperature (TC) of
magnetite is 580 ◦C and its saturation magnetization (M s) is 92 Am2/kg (Tauxe et al.,
2014). Although this large M s corresponds with major contributions of shape anisotropy
to the total magnetic anisotropy energy, magnetocrystalline anisotropy in magnetite is
a strong function of temperature. Between room temperature and the isotropic point
(∼120 K), the energy barriers that would otherwise keep magnetic moments parallel are
gone because of the lack of a large magnetocrystalline anisotropy, so spins are able to
wander. Electrons hop freely between Fe2+ and Fe3+ ions in B lattice sites. Below ∼120
K, there is an ordered arrangement of these two different-sized ions, which distorts the
lattice of the unit cell from cubic to monoclinic. These paired processes are observed
as a sudden increase in magnetization during cooling and are referred to broadly as the
Verwey transition, which is characteristic for pure magnetite.
As titanium content increases (0 < x < 1), Ti4+ enters the B site of the inverse
spinel structure to substitute for one Fe3+ cation as the other changes valence to Fe2+
to maintain charge balance. Because Ti4+ has no unpaired spins and thus no atomic
magnetic moment, increased contribution from Ti4+ results in a decrease in M s. Unit
cell dimensions increase with the addition of Ti4+, which produces a decrease in Curie
temperature (TC). Minerals in this compositional range are termed titanomagnetite
and classified by their x values (e.g., Fe2.4Ti0.6O4 is TM60). For titanomagnetites with
x > 0.8, TC is at or below room temperature, giving rise to paramagnetic behavior.
Ulvo¨spinel (Fe2TiO4), is the Ti-rich titanomagnetite endmember, in which Ti
4+ has
completely substituted for Fe3+. The Ne´el temperature for ulvo¨spinel is -153 ◦C (Har-
rison and Feinberg , 2009).
Titanohematites (Fe(2-x)TixO3, where 0 ≤ x ≤ 1) are considerably more complex
than titanomagnetites. Hematite (α-Fe2O3), the Ti-free titanohematite endmember (x
= 0), is rhombohedral with a pseudocleavage perpendicular to the c axis. All cations
are Fe3+ occurring in (0001) layers, which alternate with parallel layers of O2- anions.
The atomic magnetic moments of Fe3+ cations lie in the basal plane (orthogonal to
the [0001] axis) and are parallel coupled within the plane. Between planes, atomic
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moments are approximately antiparallel coupled, departing slightly from 180◦. Rather
than fully canceling out to produce zero net magnetization, the small angle between
magnetic moments of alternate layers produces a net magnetization lying in the basal
plane. Hematite is therefore canted antiferromagnetic, with a Ne´el temperature of 675
◦C (Tauxe et al., 2014). Spin-canting dominates the magnetization of hematite above
∼260 K (-10 ◦C), where its crystal structure constrains moments to lie perpendicular
to the c axis. Below this temperature, in a phenomenon termed the Morin transition,
spin-canting no longer operates and magnetization is parallel to the c axis. Defect
antiferromagnetism may also arise from lattice defects or impurities in hematite.
As in titanomagnetites, titanium substitution in titanohematites (0 < x < 1) pro-
ceeds as Ti4+ substitutes for Fe3+ and the remaining Fe3+ ion changes valence to Fe2+.
For 0 < x < 0.45, titanohematites follow the antiferromagnetic behavior of hematite
and have low saturation magnetization because of the equal distribution of Ti and Fe
cations among cation layers. For x > 0.45, Fe and Ti cations are no longer equally
distributed, with Ti cations preferentially occupying alternate cation layers. Because
Ti4+ cations have no net moment, antiparallel coupling between two planes results in
ferrimagnetic behavior, with net magnetization determined by the moments of the Fe
cations. This is the case for titanohematites with intermediate compositions (Sprain
et al., 2016a), while ilmenite (FeTiO3), the Ti-rich titanohematite endmember (x = 1),
is paramagnetic at room temperature (Kropa´cˇek and Krs, 1971).
Titanomagnetites and titanohematites crystallize at high temperatures (∼1300 ◦C)
where solid solution is complete and all compositions are possible. As temperature de-
creases, the thermodynamic stability of crystals changes; below about 600 ◦C for titano-
magnetites and about 800 ◦C for titanohematites, certain compositions are no longer
thermodynamically stable, with the exact temperature depending on composition. At
equilibrium, Ti-richer and Ti-poorer phases separate, with cations diffusing through
the crystal to leave bands called lamellae. Rapid cooling may preserve intermediate
compositions, as diffusion is generally slower at low temperatures. The magnetic effects
of exsolution are substantial, altering composition-dependent properties like saturation
magnetization and Curie temperature. Further, exsolution decreases the effective grain
size of a sample by transforming large homogeneous grains into composite grains made
up of much smaller Ti-rich and Ti-poor regions, which may behave as SD particles.
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When titanomagnetites are weathered at ambient Earth surface temperatures, they
partially oxidize to produce titanomaghemites. If the initial material is Ti-free mag-
netite, the product is maghemite (γ-Fe2O3), which has the chemical composition of
hematite but retains the spinel crystal structure of the original magnetite (albeit with
cation deficiency). Two thirds of the original Fe2+ oxidize to Fe3+. At the same time,
diffusion removes the remaining one third of the initial Fe2+ from the B sublattice,
leaving vacancies in the spinel structure. Because the strong ferrimagnetism of pure
magnetite arises from Fe2+ in the B sublattice, maghemite has a reduced saturation
magnetization.
Iron sulfides (FeS(1+x), where 0 ≤ x ≤ 1) are a major contributor to magnetic
mineralogy in reducing environments where iron oxides are thermodynamically unstable.
Compositions range from pyrrhotite (Fe(1-x)S, where 0 ≤ x ≤ 0.2) to troilite (FeS).
Pyrrhotite in the monoclinic crystal structure (Fe7S8 to Fe9S10) is ferrimagnetic, with
a Curie temperature of 320-325 ◦C (Tauxe et al., 2014). Pairs of sublattices containing
Fe cations are antiparallel coupled, but the distribution of Fe cations is uneven between
these sublattices, so the resulting behavior is ferrimagnetic. Greigite (Fe3S4) is also
ferrimagnetic, with a maximum unblocking temperature of ∼330 ◦C (Tauxe et al., 2014).
In oxidizing environments, both of these common iron sulfides alter to iron oxides like
magnetite and hematite, leaving pyrite (FeS2) as the paramagnetic byproduct.
Goethite (α-FeO·OH) is an iron oxyhydroxide mineral that often grows through
oriented aggregation of ferrihydrite nanoparticles or forms as the weathering product of
other iron-rich minerals like magnetite, hematite, and pyrite (Banfield et al., 2000). It
is stable in humid regions and highly oxidizing environments, although the dehydration
or heating of goethite can produce hematite. Goethite is orthorhombic in structure and
antiferromagnetic, with a weak defect moment far smaller than that of hematite and a
Ne´el temperature of 120 ◦C (Harrison and Feinberg , 2009; Dunlop and O¨zdemir , 1997).
While native iron and iron alloys are rarely responsible for natural remanence
in the Earth’s crust, they dominate the magnetic mineralogy of extraterrestrial rocks,
including returned lunar samples and iron meteorites. The cores of inner solar system
terrestrial planets are composed primarily of iron-nickel alloys, which are stable in highly
reducing oxygen fugacity conditions. The apparent Curie temperatures of FeNi alloys
are generally high and depend on nickel content, which also controls transformation
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between phases (e.g., taenite (γFe) → kamacite (αFe) occurs below the TC of kamacite
if Fe is alloyed with > 5% Ni (Dunlop and O¨zdemir , 1997)).
2.3 Types of Magnetic Remanence
The bulk magnetization of a rock sample is the sum of the magnetizations of individ-
ual grains, including contributions from diamagnetic, paramagnetic, and ferromagnetic
minerals. (Unless otherwise specified, the term ‘ferromagnetic’ is used here for materi-
als exhibiting either purely ferromagnetic, antiferromagnetic, or ferrimagnetic behavior,
per Section 2.2.1.) In the absence of an applied field, magnetization is held exclusively
by ferromagnetic grains and constitutes a remanent magnetization. However, in the
presence of an applied field, measured magnetization is not necessarily purely remanent
and may represent a combination of remanent and induced components.
Per Equation 2.11, a local magnetic field (H ) produces an induced magnetization
(M i) according to the susceptibility (χ) of the magnetized material:
M i = χH (2.23)
If a ferromagnetic grain holding a remanent magnetization is subject to an applied
field, any increase in magnetization induced by that field contributes to the total mag-
netization of the grain. The total magnetization of a rock (Mtot) is the sum of the
remanent (M r) and induced (M i) magnetizations of individual grains:
M tot = M i + M r (2.24)
The contributions of induced magnetization are particularly important in studies
of extraterrestrial bodies, as remote satellite observations of crustal magnetization are
often conducted while the material holding magnetization is subject to an applied field
from either its own host body or a nearby system (see Chapter 1).
Remanent magnetization can be acquired by ferromagnetic grains through a variety
of mechanisms, depending on both external conditions and the fundamental properties
of the grains themselves. The natural remanent magnetization (NRM) of a sample is
its magnetization prior to any artificial treatment. This magnetization is the vector
sum of the initial magnetization acquired during rock formation, termed the ‘primary’
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component, and any ‘secondary’ components of magnetization acquired through subse-
quent alteration. The primary component of a rock’s NRM is typically of first concern
in traditional paleomagnetic studies, as this component constitutes a record of the ori-
entation and magnitude of the magnetizing field at the time of rock formation. In ideal
ferromagnetic grains, these records can last for millions to billions of years. Secondary
components of NRM, which represent later modifications to a rock’s magnetization,
are considered undesirable for paleomagnetic research, and a variety of techniques have
been developed to identify and remove them, as described in Chapter 3. Yet, secondary
magnetization can provide valuable information about both the magnetic properties of
constituent minerals and the history of a magnetized rock after its initial formation.
2.3.1 Thermoremanent Magnetization
A thermoremanent magnetization (TRM), also written thermal remanent magnetiza-
tion, is acquired by a magnetic material as it cools through its Curie temperature TC
in the presence of an applied field.
For ideal ferromagnetic materials, magnetic moments are effectively paramagnetic
above TC. In a heterogeneous rock sample, the magnetic moments of individual ferro-
magnetic grains follow this behavior when T > TC and zero net moment is produced.
As the sample cools toward TC, moments change from paramagnetic to superpara-
magnetic behavior, enabling them to align with an applied field. Between TC and
the blocking temperature TB of any individual ferromagnetic grain, the moment of
that grain behaves superparamagnetically, but as the sample cools through TB of that
grain, its behavior changes from superparamagnetic to stable SD, with a substantial
increase in relaxation time τ . The TRM of the sample is the total magnetization once
all constituent ferromagnetic grains have passed their TB and become stable.
The magnetic moments of individual ferromagnetic grains in a bulk sample are stable
at temperatures below their respective blocking temperatures, which are commonly
within 100 ◦C of TC and are often spread across a measurable range. The portion of the
total TRM acquired in the distinct temperature interval between blocking temperatures
is termed the partial TRM (pTRM). The TRM, then, is the vector sum of the pTRMs
from all intervals (i.e., blocking temperature windows).
This mechanism of magnetization is common in igneous systems, where geological
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materials may form by solidification from melt or may be reheated above their blocking
temperatures. A TRM may also be acquired in non-igneous environments with high
ambient temperatures that cycle below the TC of constituent magnetic minerals, such
as the surfaces of planets close to the sun (e.g., Mercury). On Earth, many of the kinds
of rocks capable of acquiring a primary TRM (e.g., basaltic lava flows) are subject to ox-
idation and weathering after formation; these processes, though nonmagnetic, interfere
with the fidelity of the original magnetic record.
Thermal demagnetization, which operates on the same principles as TRM acqui-
sition, is of high concern for planetary paleomagnetic studies. When a rock already
holding remanence is heated above its TC in the absence of an applied field, magnetic
moments exhibit paramagnetic behavior. When the rock is cooled back through TC
and magnetic moments transition through superparamagnetic to stable SD behavior,
the resulting moments are statistically randomized because of the absence of a biasing
field, producing a net magnetization of zero (assuming there is no interaction of mo-
ments or preexisting fabric to produce an alignment). If the same process occurs in a
nonzero ambient field weaker than the original magnetizing field, the resulting magneti-
zation will be weaker than the original remanence. This process is a major mechanism
of demagnetization on Mars and the Earth’s Moon, neither of which have present-day
dynamo fields, and it is particularly crucial for ferromagnetic minerals with low blocking
temperatures that prevent them from retaining remanence in hot conditions.
2.3.2 Chemical Remanent Magnetization
Chemical remanent magnetization (CRM) is acquired when ferromagnetic minerals are
formed or altered by chemical processes in an applied magnetic field below their blocking
temperatures. In a simple grain growth model, the reliance of blocking energy and
relaxation time τ on grain volume give rise to the acquisition of a CRM. The smallest
ferromagnetic grains are superparamagnetic, with very short τ on the order of seconds,
but when these grains grow through a critical blocking volume (vb), magnetic anisotropy
energy can overcome thermal energy and τ increases dramatically. The moment of the
now-SD grains is blocked and can remain so on geological timescales. Continued grain
growth may result in PSD or MD domain configurations with less stable remanence.
A CRM may also be produced when ferromagnetic grains are subject to chemical
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alteration after their initial formation and magnetizing events. If major changes of
crystal structure are involved, such as the alteration of magnetite to hematite, the
new CRM is consistent with the magnetizing field at the time of alteration. However,
if crystal structure is not substantially changed, the resulting CRM may be partially
controlled by the magnetizations of the original grains.
On Earth, CRMs are commonly associated with fluid motion, which can introduce
new ferromagnetic material to a system and enable the precipitation of new minerals
or the alteration of existing grains. Oxidation is also responsible for alteration-type
CRMs, particularly through its effects on magnetite.
If CRM is acquired long after the initial deposition of a rock, it is considered a
secondary component of magnetization. Because the processes involved in producing
a secondary CRM can affect the fundamental properties of the grains holding rema-
nence, it can be extremely challenging to decipher CRM acquisition pathways. Such
magnetizations are typically avoided in paleomagnetic studies.
2.3.3 Detrital Remanent Magnetization
Detrital remanent magnetization (DRM) is acquired when particles that have already
been magnetized physically rotate to align with an ambient magnetic field because of
the field’s effects on constituent magnetic moments, and these particles are subsequently
locked into place. This process is not as well-defined as TRM acquisition because of the
number of complex processes involved.
DRM is classically explained as a depositional remanent magnetization, beginning
with an individual ferromagnetic particle immersed in fluid in the presence of an applied
field. The torque exerted by the magnetizing field on the moment of this particle is
opposed by the viscous properties of the fluid, resisting the tendency of the particle to
rotate into alignment with the field. The time that it takes for a particle to align with the
field as it settles through the fluid column is determined by a variety of factors, including
grain size and density, the salinity of the fluid, and the intensity of the magnetic field.
In saline fluids, sedimentary particles tend to flocculate, or clump together, prior to
alignment with the field. This typically results in a low net magnetization compared
to low-salinity fluids, in which individual particles may align with the field before they
settle at the bottom of the fluid column.
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The modification of magnetized sediments after deposition through processes like
compaction, diagenesis, and the action of organisms can alter the primary DRM, pro-
ducing a post-depositional remanent magnetization (pDRM). Sediment samples can also
be plagued by inclination shallowing, showing vectors of remanence shallower than the
inclination of the applied field at the time of deposition.
DRM is most common in sedimentary rocks and has been extensively studied in
lake and ocean sediments. This mechanism of magnetization has also been identified in
calcite cave formations, termed speleothems. For instance, ferromagnetic particles are
deposited onto a stalagmite’s drip surface by water falling from the cave ceiling and are
encapsulated by precipitating calcite.
2.3.4 Pressure and Shock Remanent Magnetization
(The following is aggregated from multiple sources, including Louzada et al. (2011);
Gattacceca et al. (2007, 2008); Borradaile (1992); and Collinson (1983).)
Pressure remanent magnetization (PRM), or piezoremanent magnetization, is ac-
quired when a ferromagnetic grain is placed under stress in the presence of an ambient
magnetic field. When rocks containing magnetized ferromagnetic grains are subjected
to high pressure, grains are physically modified through the creation of small-scale frac-
tures, lattice defects, and dislocations.
Shock remanent magnetization (SRM) is acquired by rocks subject to brief,
high-pressure events, such as hypervelocity impacts, rather than sustained pressure.
SRM is an uncommon mode of remanence acquisition and alteration on Earth compared
to the other mechanisms described here, but it is an absolutely crucial component of
remanence on other inner solar system planets. When rocks containing ferromagnetic
grains are impacted in the presence of an applied field, an SRM is acquired parallel to
the field at the time of shock, with an intensity that scales with that of the field. In
the absence of an applied field or in a field weaker than the original magnetizing field,
SRM acts as a mechanism of demagnetization.
In studies of crustal magnetization on other planets, remanence associated with
impact crater structures has been shown to result from a combination of shock and
thermal magnetization mechanisms (see Section 2.3.1 above).
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2.3.5 Viscous Remanent Magnetization
Viscous remanent magnetization (VRM) is acquired when a rock sample is exposed to
magnetic field conditions that differ from the field in which it was originally magnetized
for a period of time sufficient to progressively realign the moments of constituent fer-
romagnetic grains. When the time of exposure surpasses the relaxation time τ of an
individual ferromagnetic grain, that grain will no longer hold its original remanence.
If this occurs in the absence of an applied magnetic field, grains will progressively lose
their remanence and the net magnetization of the sample will decrease. Conversely, in
the presence of an applied magnetic field different from the initial magnetizing field,
net magnetization will become consistent with the orientation and intensity of the new
field.
The rate of VRM acquisition varies among different types of magnetic minerals but
is generally controlled by temperature and grain size, which together determine a grain’s
relaxation time. In elevated temperature conditions below the Curie temperature, en-
ergy barriers to the rotation of magnetic moments in a ferromagnetic grain are more
easily overcome and coercivity (H c) decreases, so VRM can proceed relatively rapidly.
The resulting magnetization may be termed a thermoviscous remanent magnetization
(TVRM). In order to determine stability conditions for remanence, the relationship
between relaxation time and blocking temperature has been characterized for a vari-
ety of common ferromagnetic minerals, including magnetite, hematite, and pyrrhotite,
although grains outside of the stable SD size range deviate from model predictions.
Remagnetization by VRM is not uncommon in terrestrial rock samples, especially
after long-term burial accompanied by increased temperature. In many cases, a viscous
overprint constitutes a partial remagnetization and can be removed in the laboratory
in order to analyze the primary NRM held by grains that have not been remagnetized.
In extraterrestrial systems where ambient fields are often drastically different from the
initial magnetizing field, rocks may be exposed to new fields or no fields at all for
billions of years, long enough to surpass the relaxation times of constituent ferromagnetic
grains even in the absence of additional heating. Thus, crustal magnetizations measured
remotely from orbit may be weaker than the original total magnetization of the rock.
Chapter 3
Techniques
3.1 Introduction
The magnetic study of geological materials relies on a combination of established tech-
niques developed over the last century and new methods designed to target materials
too rare, magnetically weak, or otherwise impractical for standard magnetic analyses.
Recent technological innovations have vastly increased the sensitivity of magnetometers,
both in laboratory environments and as remote sensors on spacecraft. Novel methods
of sample preparation have improved the efficiency of standard laboratory experiments.
The integration of magnetic and non-magnetic characterization techniques enables more
comprehensive analyses of magnetic minerals, surpassing the capabilities of either suite
of methods on its own.
This chapter provides an explanation of the sample preparation, laboratory and
remote experimental techniques, and data synthesis methods used in the studies covered
by Chapters 4 and 5.
3.2 Magnetic Characterization
The magnetic characterization of geological material is based on the progressive re-
moval of magnetization from samples and/or their response to an applied magnetic
field, measured either in-field or in a field-free environment. These approaches are pri-
marily limited by the intensity of both induced and remanent magnetization, which
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must be detectable and differentiable from background noise. Many of the materials
commonly used for rock magnetic studies are magnetically strong, because of their high
concentrations of ferromagnetic minerals (e.g., titanomagnetites in basaltic lava flows),
and instrument sensitivity is not a concern. The study of novel materials with rela-
tively weak magnetic intensities requires the use of alternative sample preparation and
analytical techniques.
Further information about the standard rock magnetic instrumentation and tech-
niques described here can be found in Collinson (1983) and Tauxe et al. (2014).
3.2.1 Extraction of Magnetic Grains
Weakly magnetic rocks present considerable challenges for magnetic characterization be-
cause of the limitations of magnetometer technology. The most sensitive magnetometers
currently in use, including the single-axis scanning magnetic tunnel junction microscope
(sensitivity of 10-14 Am2 (Lima et al., 2014)), the single-axis scanning SQUID (super-
conducting quantum interference device) microscope (10-15 Am2 (Weiss et al., 2007)),
and the diamond vacancy magnetometer (10-14 Am2 (Taylor et al., 2008; Rondin et al.,
2014)), can detect dipole fields with very small moments. However, these fields are
not readily measurable on more common three-axis magnetometers. Examples include
the 2G U-channel magnetometer (10-12 to 10-11 Am2), currently the only type of mag-
netometer capable of continuous measurement of long sediment cores, and the ASC
AGICO JR-6 spinner magnetometer (∼10-6 Am2), whose less sensitive predecessors are
still in use in many labs.
In cases where net magnetization is the product of a very small population of fer-
romagnetic grains dispersed in a diamagnetic or paramagnetic matrix, magnetic ‘noise’
complicates measurement of the remanent ‘signal.’ The physical separation of magnetic
grains from their non-magnetic host rock enables the concentration of ferromagnetic ma-
terial for improved results in magnetic analyses, as well as the application of grain-based
non-magnetic analyses (see Section 3.3).
Magnetic extraction typically involves the motion of solid material suspended in
fluid through a magnetic gradient. Magnetic particles are attracted to a strong per-
manent magnet and are thereby removed from the system. For easily disaggregated
rocks, grinding prior to suspension in water is usually considered adequate, whereas
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structurally coherent rocks like crystalline speleothems require a dissolution phase to
ensure the release of magnetic grains into solution (Perkins, 1996; Strehlau et al., 2014).
Standard magnetic separation techniques have been used with some success in both
strongly magnetic samples (i.e., rocks with high initial concentrations of ferromagnetic
minerals) and samples from which large volumes of material are able to be destroyed. For
example, peristaltic pump-driven systems like those described by Perkins (1996); Houn-
slow and Maher (1996) move suspended material past a magnetic joint, with reported
extraction efficiencies greater than 75% for marine sediments with major contributions
from strongly magnetic minerals. A simpler extraction method requiring no specialized
equipment is described by Israde-Alca´ntara et al. (2012), wherein sediments are sus-
pended in still water and a permanent magnet wrapped in a plastic bag is submerged
and manually agitated, moving the magnet rather than the sample. These methods do
extract magnetic material, but the portion of the total volume of ferromagnetic mate-
rial extracted varies widely and unwanted non-magnetic material often accompanies the
desired extracts (Strehlau et al., 2014).
The study described in Chapter 4 uses a new method of magnetic extraction whose
efficiency is quantified by Strehlau et al. (2014). The flask extraction method re-
quires an Erlenmeyer flask and a strong (neodymium) permanent magnet, with no need
for specialized or complex equipment like the peristaltic pump method. Disaggregated
sample in solution (“residue”) is held in the flask, whose smooth surfaces substantially
reduce the undesirable trapping of surplus grains that occurs in both the pump and bag
methods. The strong magnet is secured to the outside of the flask and the entire appara-
tus is agitated using an orbital shaker. With the magnet still attached, the suspension
is then carefully decanted, leaving any material (“extract”) attracted to the magnet
inside the Erlenmeyer flask. This process may be repeated to flush additional nonmag-
netic material from the flask with water. In both natural and synthetic carbonates
containing magnetite, hematite, and/or goethite, the flask method recovers ∼10-30%
more magnetic material by volume than either the pump or bag method, especially for
small initial volumes consistent with weakly magnetic natural rocks. (Additional details
may be found in Strehlau et al. (2014).)
The flask extraction method was specifically designed for the extraction of magnetic
42
Figure 3.1: Schematic of the flask extraction process, including the pathway of collection
for the extract and remainder, after sample disaggregation and dissolution. Modified
from Strehlau et al. (2014).
grains from calcite speleothems and other carbonates, and it has been applied success-
fully in a variety of contexts (including Strauss et al. (2013); Meijers et al. (2016); Sprain
et al. (2016b); Jaqueto et al. (2016); Calv´ın et al. (2016)). Experiments conducted on
synthetic magnetic mineral grains (Strehlau et al. (2014)) suggest that it may also be
applicable to non-carbonate material.
3.2.2 Hysteresis
As described in Section 2.2.3, a hysteresis loop is produced when ferromagnetic material
is exposed to a cycle of applied fields, first with increasing intensity in some positive
direction, decreasing intensity to zero field, increasing intensity in the opposing nega-
tive direction, decreasing intensity back to zero, and finally increasing intensity in the
positive direction again. The measured magnetization does not scale linearly with the
field, as it would for paramagnetic material; rather, it traces an open loop shape with a
non-zero net magnetization in zero field.
The hysteresis behavior of a bulk rock sample is the sum of the hysteresis behavior
of all constituent grains. A measured hysteresis loop, then, is the net response of the
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entire assemblage to applied magnetic fields. The character of this loop is controlled by
factors including the types of ferromagnetic minerals present, their grain size (domain
state) distribution, and anisotropy at both the grain and sample scale. Paramagnetic
and diamagnetic matrix materials contribute to the hysteresis loops collected from bulk
rock samples, but their linear components can be removed to produce corrected loops
representing only the ferromagnetic portion of net hysteresis behavior.
Vibrating sample magnetometers (VSMs) are the most common instruments used
to collect hysteresis loops and related measurements from bulk rock samples. A sample
is suspended on a thin rod between a pair of electromagnets, which generate a uniform
magnetic field of controlled intensity and direction. The sample is vibrated perpendic-
ular to the field to produce a change in magnetic flux that is detected by a pickup coil
system. The average output voltage in the pickup coil is proportional to the strength
of the sample’s magnetic moment.
Four parameters are typically used to describe the shape of a hysteresis loop: sat-
uration magnetization (M s), remanent magnetization (M r), bulk coercivity (H c), and
coercivity of remanence (H cr). A typical experiment begins with the magnetizing field
H = 0. As H is increased in some positive direction perpendicular to the axis of sample
vibration, the magnetic moments of individual grains rotate toward alignment with H,
resulting in an increase in measured magnetization. If a field strength is reached that is
sufficient to perfectly align all constituent moments, the sample is said to be magneti-
cally saturated, with net magnetization M s. M s varies among magnetic minerals, with
reported values for ideal Fe-Ti oxides ranging from 92 Am2/kg for pure magnetite to
0.4 Am2/kg for hematite (Tauxe et al., 2014).
As the field is removed, the magnetizations of individual grains rotate to the closest
low-energy position and net magnetization decreases. When H = 0, net magnetization
is the remanent magnetization M r. If the sample was magnetically saturated at the
maximum field, the remaining magnetization at zero field may be termed the saturation
remanent magnetization, M rs. Some common magnetic minerals require extremely high
fields beyond the capabilities of standard rock magnetic instrumentation to reach M s
and saturation is therefore not always guaranteed.
To force the net induced magnetization of a sample to zero, a magnetic field is
applied in an orientation opposite to the initial magnetizing field. The magnetizations
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of individual grains progressively rotate away from their positive saturation remanence
configuration and toward alignment with the negative field. The field required to reach
zero net induced magnetization is the bulk coercivity, H c. Magnetite is a low-coercivity
mineral, with average coercivities < 0.3 T. In contrast, both hematite and goethite
tend to have higher coercivities > 0.3 T (Dunlop and O¨zdemir , 1997), with reported
saturating fields on the order of tens of T (Rochette et al., 2005). H c is generally highest
for grains in the SD size range, although it can also be substantial for MD grains because
of domain wall pinning.
With further increases in the intensity of the negative field, additional moments ro-
tate into alignment with the field and net magnetization continues to increase toward
higher negative values. For idealized, uniaxial, non-interacting grains, the coercivity of
remanence, H cr, is defined as the field required to reach a magnetization equivalent to
half of the saturation magnetization and can often be estimated from a standard hys-
teresis loop. In all other cases, H cr is more accurately measured through the collection
of a backfield curve after completion of the initial loop. The sample is saturated in
the positive (+H ) direction to give an initial M r when measurement begins at H = 0.
This remanence is then demagnetized through increase of the field in the negative (−H )
direction, with measurements of remanent magnetization (rather than the induced mag-
netization measured during a hysteresis loop) conducted in zero field. H cr, then, is the
field required to reduce M r to zero.
Hysteresis experiments were conducted on two Princeton Measurements micro-VSMs
at the Institute for Rock Magnetism, University of Minnesota. Although all experiments
were conducted at room temperature, the high-temperature VSM can achieve temper-
atures up to 1025 K and the low-temperature VSM can reach as low as 10 K. Both
VSMs are capable of applying fields with intensities up to 1.7 T and can handle samples
as large as 2 cm3, depending on the intensity of bulk saturation magnetization. The
sensitivity of these instruments is reported as 5 × 10-9 Am2.
3.2.3 Low-Temperature Magnetic Properties
Magnetic analyses conducted through a range of temperatures are sensitive to a variety
of properties, including composition and grain size, that may present difficulty for room-
temperature measurements of weakly magnetic samples. The low-temperature behavior
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of different magnetic minerals (see Section 2.2.5) is often diagnostic for their presence in
a bulk sample and can sometimes be determined for smaller volumes of ferromagnetic
material than would be detectable through chemical analyses.
In a field cooled-zero field cooled (FC-ZFC) experiment, changes in magnetiza-
tion are measured with increasing temperature in order to assess the thermal unblocking
properties of a sample. In the field cooled (FC) stage, the sample is cooled from room
temperature to a set low temperature (10 K) in a strong (2.5 T) applied field and is
given an isothermal remanent magnetization (IRM) by a briefly imparted strong (2.5
T) field. Magnetization is measured during warming back to room temperature in zero
field. Then, in the zero field cooled (ZFC) stage, the sample is cooled from room tem-
perature to low temperature in zero field and given an IRM (2.5 T). Magnetization is
measured again during warming back to room temperature in zero field. Grains acquire
remanent magnetization during field cooling but not during zero field cooling, and that
magnetization is unblocked during warming. In magnetite with a measurable Verwey
transition, if SD grains dominate a sample, magnetization measured after the FC stage
will be stronger than that measured after the ZFC stage (FC > ZFC), whereas if MD
grains are dominant, remanence will not be readily acquired in the FC stage and ZFC
> FC (e.g., Strauss et al., 2013).
In a low-temperature demagnetization (LTD) or low-temperature cycling of
a room temperature saturation isothermal remanent magnetization (RTSIRM) experi-
ment, a sample is given an IRM in a strong field (2.5 T) at room temperature. Magneti-
zation is measured during cooling to low temperature (10 K) and warming to room tem-
perature in zero field. The offset between initial remanent magnetization acquired due to
the room-temperature IRM and final magnetization after low-temperature cycling can
indicate the relative contributions of SD grains, which are resistant to low-temperature
demagnetization, and MD grains, which are relatively easily demagnetized. Like FC-
ZFC measurements, RTSIRM measurements can also be used to determine magnetic
mineral compositions based on characteristic transitions (Strauss et al., 2013; Borradaile
and Jackson, 1993).
Frequency dependence of magnetic susceptibility utilizes alternating current
to apply oscillating fields to a sample at various frequencies in order to identify contribu-
tions from superparamagnetic (SP) particles, which have a high magnetic susceptibility
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and a short relaxation time. At a given rate of field flipping (i.e., frequency), some por-
tion of the population of ferromagnetic grains are too large for their moments to keep up
with the rapidly changing field; they behave like SD grains and do not contribute to net
susceptibility. As frequency increases, progressively smaller grains behave as stable SD
grains and susceptibility decreases. Measurable frequency dependence of susceptibility
indicates the presence of SP particles in a bulk magnetite sample, although it can also
be detected in MD magnetite below ∼50 K and in MD titanomagnetite.
Low-temperature magnetic experiments have historically been conducted through
the manual immersion of samples in an insulated container containing liquid nitrogen
(77 K), liquid hydrogen (20 K), or liquid helium (4 K) (Collinson, 1983). The current
standard for low-temperature characterization of magnetic material is the Magnetic
Properties Measurement System (MPMS), in which small samples are suspended in a
vacuum environment isolated from ambient magnetic fields. Changes in temperature,
applied fields, and measurements of magnetic properties are programmed by the user.
In this study, low-temperature experiments were conducted on two Quantum Designs
MPMS2 cryogenic susceptometers at the Institute for Rock Magnetism, University of
Minnesota. These instruments are capable of applying oriented fields up to 5 T and
measuring magnetizations ranging from 10-10 to 10-3 Am2 along a single axis. Across
the two instruments, temperatures from 2.1 K to 450 K can be reached with sub-degree
precision. In cases where the initial magnetization of a sample was prohibitively low for
MPMS centering protocols, an ASC Scientific impulse magnetizer was used to impart a
pre-experiment IRM.
3.2.4 Progressive Demagnetization
The natural remanent magnetization (NRM) of a rock is the sum of the magnetizations
of all constituent grains, with possible contributions from multiple types of remanence
(see Section 2.3). Paleomagnetism aims to characterize the NRM of a sample through
progressive demagnetization in order to determine the conditions in which the sample
was initially magnetized. The acquisition and alteration of remanence in a natural
rock sample is largely controlled by its magnetic mineralogy and grain size distribution.
A thorough understanding of these properties is necessary for accurate paleomagnetic
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interpretations. In the studies described here, paleomagnetic techniques are used pri-
marily to provide information about the population of ferromagnetic grains contained
within a given rock sample and to demonstrate the impact of mineralogical informations
on interpretations of remanence, rather than to assess the original magnetizing field.
Two methods were used for the progressive demagnetization of bulk samples: alter-
nating field demagnetization and thermal demagnetization. A rock sample composed
of multiple types and sizes of magnetic grains will have a spectrum of coercivities,
most simply ranging from ‘soft’, easily demagnetized, low-H c grains (e.g., magnetite) to
‘hard’, high-H c grains whose magnetization can only be changed by strong fields (e.g.,
goethite). The results of progressive demagnetization indicate what types of magnetic
minerals contribute to remanence in a sample, rather than what types are present. De-
magnetization of an NRM reveals the characteristics of magnetic minerals that have
acquired a remanent magnetization during the rock’s exposure to magnetic fields prior
to laboratory experiments. In contrast, demagnetization of an IRM, particularly one
that achieves saturation, may provide a more complete picture of magnetic mineralogy
independent of formation and alteration history (as with low-temperature demagneti-
zation, described above).
Alternating field (AF) demagnetization is conducted through the application
of alternating magnetic fields at progressively increasing intensities to realign the mag-
netic moments of individual ferromagnetic grains. In a single AF step, an initial field
HAF is applied in some arbitrary ‘up’ direction; it is then oscillated from ‘up’ through
zero field to ‘down’ at decreasing amplitude while frequency remains constant. At each
point in this waveform, the magnetic moments of grains with H c less than or equal to the
applied field intensity are driven to align with the field. Each pair of ‘up’ and ‘down’
moments approximately cancel out. In the absence of a biasing field, this effectively
randomizes the magnetizations of grains with H c ≤ HAF such that the resulting net
magnetization represents only those grains with H c > HAF. HAF is then increased and
the process is repeated. Through the application of AF steps with increasing field in-
tensity, the sample is progressively demagnetized. The capacity of AF demagnetization
to fully erase the remanence of a sample depends on its magnetic mineralogy and the
strength of the applied field. Low-coercivity minerals are readily demagnetized through
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the application of alternating fields, whereas high-coercivity minerals may present con-
siderable challenges to demagnetization at room temperature, as the strongest fields
achievable in many laboratories are inadequate to realign their moments. This problem
can often be overcome through the application of thermal techniques.
Thermal demagnetization involves progressive heating to temperatures above
the blocking temperatures of constituent minerals in order to demagnetize any and all
remanence, a process equivalent to acquisition of a thermoremanent magnetization (see
Section 2.3) in zero field. In each step of a progressive thermal demagnetization, a sample
is heated to some temperature T demag below the Curie temperature of the bulk sample
such that the magnetic moments of constituent ferromagnetic grains with TB ≤ T demag
are effectively randomized. When the sample is cooled back to room temperature,
these moments are locked in and net magnetization is found to have decreased. With
steps of increasing temperature, larger portions of the initial net magnetization are
removed. The magnetic components of a sample may therefore be identified according
to the various temperatures at which their remanence is unblocked. High-temperature
thermal demagnetization techniques are not commonly used in studies of sediments or
calcite speleothems because of their propensity to oxidize or otherwise alter constituent
oxide, silicate, and carbonate minerals. Instead, thermal steps are used to remove the
magnetization of goethite, which has a low TC of ∼120 ◦C but a very high H c at
room temperature, in order to enable the use of room-temperature analyses on the rest
of a given sample’s magnetic mineral assemblage. No further heating is conducted in
goethite-rich samples because goethite converts to hematite at temperatures between
250 ◦C and 400 ◦C (Dunlop and O¨zdemir , 1997).
Demagnetization experiments were conducted using two cryogenic magnetometers
at the Institute for Rock Magnetism, University of Minnesota: a 2G Enterprises super-
conducting rock magnetometer (SRM) with a nominal sensitivity of 10-11 Am2 and a 2G
Enterprises U-channel magnetometer with a nominal sensitivity of 10-12 Am2. For sam-
ples measured with the SRM, fields were applied externally using a DTECH Precision
Instruments D-2000 alternating field demagnetizer.
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3.2.5 Magnetic Characterization From Orbit
Magnetometers on orbiting spacecraft measure variations in ambient magnetic field con-
ditions in order to assess the character of planetary fields. The capabilities of spacecraft
magnetometers have trended toward three-axis or vector field measurements. For in-
stance, the Mars Global Surveyor (MGS) orbiter’s magnetic field experiment/electron
reflectometer (MAG/ER) was designed to detect and characterize the Martian plane-
tary magnetic field through vector measurements by a pair of triaxial fluxgate magne-
tometers mounted at opposing tips of the spacecraft’s solar panels and by an electron
reflectometer sensitive to variations in field strength. On the MErcury Surface, Space
ENvironment, GEochemistry, and Ranging (MESSENGER) orbiter, the magnetome-
ter (MAG) was a single triaxial fluxgate detector set on a boom to isolate it from the
magnetic field generated by the main body of the spacecraft.
Remote magnetometer observations for Mars, the Moon, and Mercury have been
shown to include localized deviations from expected values for planetary fields that
correspond with spacecraft altitude. If the intensity of these anomalies increases as
altitude decreases, they may be interpreted to result from crustal magnetic sources,
particularly the magnetization of crustal rocks. During aerobraking maneuvers, MGS
reached altitudes < 200 km (below the bottom of the Martian ionosphere) and was
able to detect short-wavelength crustal magnetic fields whose locations correlate with
surface features such as ancient craters (Acun˜a et al., 1998, 1999). Crustal anomalies
were recently detected on the planet Mercury for the first time when MESSENGER
reached similar altitudes (Johnson et al., 2015). Unlike Mars, Mercury has a present-
day, internally generated dipole field and substantial magnetospheric current systems.
The determination and removal of external contributions to the measured magnetic
signal are therefore crucial components of signal interpretation. A high-pass filter is
used to remove long-wavelength signals that originate above the planet’s surface, leaving
short-wavelength signals that, in some cases, are consistent with magnetization held by
material in the planet’s crust (Johnson et al., 2015).
The interpretation of crustal magnetic anomalies presents considerable challenges be-
cause of the number of complex factors involved in producing a magnetization, including
but not limited to the intensity and behavior of the magnetizing field, the mineralogy of
the crust, the volume of magnetic material available (i.e., the thickness of the magnetic
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layer), and the array of remanence acquisition and alteration mechanisms that operate
in a given planetary environment. Laboratory magnetic analyses rely on direct access
to discrete rock samples, which may be characterized independent of their host bodies
or external magnetic fields. Assessments of magnetic mineralogy from orbit are based
on combinations of remote sensing techniques that can be used to constrain both miner-
alogy and the environment in which rocks are magnetized. On Mars, crustal magnetism
tends to take the form of either strong anomalies, often associated with intrusive or ex-
trusive igneous formations, or demagnetized zones corresponding with impact craters.
Both of these point to TRM or PRM mechanisms for (de)magnetization. Even prior
to the consideration of in situ or returned rock measurements, details like the inferred
timing of magnetizing events, the highly oxidizing surface environment, the high iron
abundance determined through spectroscopy, and the intensity of magnetization de-
tected by MGS may be taken to indicate that carriers of remanence are most likely iron
oxide minerals subject to high-temperature processes, such as titanomagnetites (con-
firmed in situ by the Spirit Rover) and titanohematites (Dunlop and Arkani-Hamed ,
2005). Unlike the mineralogy of Mars, the mineralogy of Mercury has never been as-
sessed in situ, nor have any meteorites from Mercury been found on Earth, but remote
sensing data may be used in similar ways to constrain possible compositions of mag-
netic minerals and the mechanisms by which they have acquired and lost remanence
throughout the planet’s history (see Chapter 5).
3.3 Non-Magnetic Characterization
Non-magnetic material characterization methods do not often play a large role in stud-
ies of magnetic minerals, but the combination of these techniques can be used to access
information that would be inaccessible or incomprehensible through magnetic methods
alone. Rock magnetic techniques are often suggested as alternatives to non-magnetic
(particularly chemical) techniques because of their sensitivity to extremely small popu-
lations of magnetic grains. However, this sensitivity has limits, and the types of obser-
vations that can be made from magnetic extracts are restricted by the extremely small
volume of material produced. Furthermore, magnetic observations are fundamentally
indirect; the techniques described above rely on measured responses to applied fields.
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By using non-magnetic characterization methods in tandem with magnetic techniques,
these and other challenges can be readily overcome, expanding the range of geological
questions that can be answered using magnetic materials.
3.3.1 Scanning Electron Microscopy
In a scanning electron microscope (SEM), a beam of electrons is fired from an electron
source through a series of focusing lenses and electromagnetic fields, toward the surface
of a (typically solid) sample. When the electron beam impacts the sample, electrons and
X-rays are ejected and collected by a set of detectors above or adjacent to the sample
platform. Through various detection and analytical modes, these signals are used to
produce magnified images with sub-micrometer spatial resolutions.
Secondary imaging (SEI) is conducted at low energies (≤ 10 kV) to image the
surface topography of a sample. When the primary electron beam interacts with the
uppermost portion of the sample, secondary electrons are ejected from its atoms. The
greater the angle at which the electron beam impacts the sample, the more secondary
electrons are emitted. A detector collects these electrons and relates the intensity of the
signal, or the number of electrons reaching the detector, to brightness in order to as-
semble images sensitive to surface topography. Unlike magnetic analyses that rely on a
sample’s magnetic response to an applied field as a proxy for grain size, secondary imag-
ing enables the assessment of grain dimensions through the ‘direct’ observation of sample
topography. The types of grain size determinations made through most magnetic meth-
ods are calibrated for idealized materials (e.g., stoichiometric magnetite) but applied to
natural materials, whose imperfections may produce deviations from expected results.
Grain sizes determined by microscopy may be a more reliable indicator of the physical
(non-magnetic) behavior of a grain in natural environments. Secondary imaging also
provides information about the morphology of individual grains, including shape (euhe-
dral or irregular), surface textures like cracks or exsolved lamellae, and other features
that may be used as diagnostics for the chemical and physical processes involved in
grain formation, alteration, and transport. These features cannot be identified through
standard magnetic characterization techniques.
Backscatter imaging (BSE) is a higher-energy imaging mode commonly used to
complement secondary imaging. Electrons from the primary electron beam that have
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interacted with the sample’s atoms and collided with atomic nuclei are elastically re-
flected back out into the instrument. The intensity of backscattered electron emission is
controlled by both the surface topography of the sample and the average atomic num-
ber at the point of beam interaction, which corresponds with the size of the atom and
thus the probability of elastic collision. The heavier the atom, the more backscattered
electrons are produced, such that variations in composition (i.e., mineralogy) appear as
brighter or darker features in the resulting image. This technique is particularly useful
for samples with flat surface topography, such as polished sections, or in studies with a
focus on locating and identifying heavy materials such as iron-rich magnetic minerals.
Energy dispersive X-ray spectroscopy (EDS), or energy dispersive X-ray anal-
ysis (EDXA), uses the X-ray photons emitted by the sample due to beam interaction
to identify its constituent elements and enable the calculation of composition. EDS is
conducted at beam energies higher than those used for secondary or backscatter imaging
in order to exceed the critical ionization energy of a given atom and induce the produc-
tion of X-rays with characteristic wavelength and energy, which are then detected and
counted. Composition may be determined from the spectrum of X-rays at an individual
collection point, or an image can be produced in the form of an element distribution
map across a larger area of the sample surface. The interpretation of elemental analyses
may be conducted through absolute concentrations or through elemental ratios, com-
paring the relative abundance of different elements in a sample (e.g., to oxygen). Unlike
magnetic measurements of bulk samples, EDS can be used to target individual small
grains or subsections of larger grains with micron-scale resolution and to determine the
exact Ti content of Fe-Ti oxides.
SEM analyses were conducted using a JEOL 6500 SEM with a Thermo-Noran Van-
tage system for EDS at the Characterization Facility, University of Minnesota.
3.3.2 Transmission Electron Microscopy
In a transmission electron microscope (TEM), a high-voltage (hundreds of kV) beam of
electrons is fired toward a sample and manipulated by a series of lenses and electromag-
netic fields. The electron beam interacts with a very thin sample such that a portion of
the primary electrons are scattered, while others pass through to a detector underneath
the sample. These electrons are analyzed in several modes to derive crystallographic
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information and images at higher resolutions than those achievable in SEM.
Here, in addition to electron dispersive spectroscopy (EDS), two imaging modes
were used: bright field imaging and selected area electron diffraction. In bright field
imaging, a small objective aperture is used to block all but the direct beam from passing
through the sample to the detector. The resulting image is effectively a projection of
the sample onto the detector. Contrast in the image arises from sample thickness and
variations in atomic number, with sample-free regions appearing as bright areas. Bright
field imaging is used here for morphological analyses of individual grains at very fine
scales. High-resolution transmission electron microscopy (HRTEM) allows the bright
field imaging of the atomic structure of a sample, on the scale of < 1 angstrom. Selected
area electron diffraction (SAED) uses the phenomenon of electron diffraction to
make crystallographic determinations about a sample. As electrons pass through the
sample, they are scattered at angles determined by its elemental composition and crystal
structure. These electrons then pass through an electromagnetic objective lens that
collects electrons for image formation. On the way to the detector, at the back focal
plane of the microscope where electrons scattered in the same direction are collected into
a single point, the electrons generate a diffraction pattern. By inserting a selected area
aperture into the electron beam path and blocking most of the beam, particular regions
of the sample may be targeted for analysis. The resulting selected area diffraction
patterns show a collection of dots (for a single crystal) or rings (for amorphous solid
or polycrystalline samples) that can be interpreted to give the identity of a material,
based on characteristic lattice spacing, or d-spacing, and underlying symmetry.
TEM analyses were conducted using a FEI Tecnai T12 high-resolution TEM (HRTEM)
operated at 120 kV, with a LaB6 electron source, at the Characterization Facility, Uni-
versity of Minnesota. Images were collected with a Gatan charge-coupled device (CCD)
camera. Compositional measurements were collected with an Oxford Model 6767 EDS
system.
3.3.3 Brief Notes on Remote Geochemistry
The elemental compositions of planetary materials can be determined through remote
chemical measurements by orbital satellites, primarily in the form of spectrometry.
Unlike laboratory experiments, orbital spectrometry uses external sources of radiation,
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such as the Sun, rather than generating radiation internally. The sample size of orbital
measurements is orders of magnitude larger as well, with an average spatial resolution
on the order of tens to thousands of kilometers (Schlemm II et al., 2007).
The payload of the MESSENGER orbiter (Head et al., 2007) included multiple spec-
trometers designed for the detection and mapping of elements in the crust of the planet
Mercury. The X-Ray Spectrometer (XRS) used a Sun-facing detector to monitor
incoming solar X-rays and three planet-facing detectors to measure the resulting emis-
sions after the X-rays hit the planet’s crust and caused surface elements to fluoresce.
As in microscopic EDS, the characteristic wavelength and energy of X-rays produced by
each element were used to assemble and interpret spectra, in this case in the 1-10 keV
range, from the uppermost tens of micrometers of Mercury’s surface (Schlemm II et al.,
2007; Nittler et al., 2011). The Gamma-Ray and Neutron Spectrometer (GRNS)
package measured emissions of a variety of elements in response to incident cosmic rays
striking the planet’s surface. The Gamma-Ray Spectrometer (GRS) was designed to de-
termine surface abundances of geologically important elements, particularly Fe, Si, and
K, by detecting gamma rays produced at depths up to tens of centimeters in the crust.
The Neutron Spectrometer (NS) measured neutron flux, with particular sensitivity to
hydrogen because of its potential association with water ice (Goldsten et al., 2007).
The Mercury Atmospheric and Surface Composition Spectrometer (MASCS)
package included the UltraViolet and Visible Spectrometer (UVVS) to measure altitude
profiles of elements in Mercury’s exosphere and make surface observations at small (< 10
km) spatial scales and the Visible and InfraRed Spectrograph (VIRS) to collect surface
reflectance data at longer wavelengths (McClintock and Lankton, 2007). The combi-
nation of complementary X-ray, gamma ray, neutron, and infrared light spectrometry
data has been used to assess the composition of Mercury’s surface. These geochemical
results can be further constrained with the addition of non-chemical metrics, such as to-
pographic and magnetic measurements, to determine the crustal mineralogy of Mercury
(see Chapter 5).
Chapter 4
The Magnetic Mineralogy and
Recording Properties of
Terrestrial Calcite Speleothems
4.1 Introduction
The suite of geological materials currently used for paleomagnetic research is limited
by the recording capabilities of each material. The overwhelming majority of previous
paleomagnetic research has been conducted using volcanic rocks, subaqueous sediments,
and archaeological materials, all of which can acquire an initial natural remanent mag-
netization (NRM) during formation in an ambient magnetic field. Both volcanic and
archaeological materials typically record a thermoremanent magnetization (TRM) dur-
ing cooling from high temperatures and can therefore be used to determine the exact
orientation and intensity of the magnetizing field at the time of cooling. However, these
materials form rapidly and therefore record only a snapshot of the field at a single mo-
ment in time. In contrast, lake and ocean sediment cores provide continuous records
of paleomagnetic field behavior due to their gradual formation over time, but they are
plagued by post-depositional alteration, especially inclination shallowing and grain set-
tling that may interfere with the reliability of a magnetic record. Calcite speleothems
are a compelling alternative to these materials, due to their combination of continuous
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recording during long formation periods and physically consolidated structure resistant
to alteration. Although diagenetic processes can occur in speleothems, they are gener-
ally more readily recognized and compensated for than in unconsolidated sediments.
The primary challenge to using calcite speleothems as paleomagnetic research tools
is the weakness of their natural magnetization. Rock and paleomagnetic research have
been historically limited to materials with relatively strong magnetization, correspond-
ing to large populations of magnetic minerals, due to the capabilities of magnetometer
technology. The development of increasingly sensitive magnetometers (see Chapter 3)
has enabled research on natural materials with small dipole moments undetectable on
many earlier devices. However, these high-resolution magnetometers are generally lim-
ited to single-axis measurements, rather than the triaxial measurements desired for pale-
omagnetic studies, and are not yet in common use. As an alternative, innovative sample
preparation and analytical techniques that integrate established magnetic methods with
non-magnetic methods from other fields can be used to unlock previously inaccessible
archives of magnetic information. The combined electron microscopic and rock mag-
netic analysis of calcite speleothems demonstrates how novel techniques can provide an
improved understanding of the rock magnetic properties of weakly magnetic materials
and their potential for paleomagnetic research. Further, these analyses illuminate the
pathways of remanence acquisition in cave systems, which have presented considerable
challenges to traditional rock magnetic studies over the past several decades. This work
informs the interpretation of paleomagnetic data from speleothems, whose potential as
an alternative to traditional paleomagnetic materials is affirmed by the growing number
of studies expanding on the characterization work described here.
The contents of Sections 4.2 through 4.6 were originally published in the journal Geo-
chemistry, Geophysics, Geosystems under the title ‘The origin of magnetic remanence
in stalagmites: Observations from electron microscopy and rock magnetism’ (Strauss
et al., 2013) and have been modified to meet formatting guidelines. This work is in-
cluded by permission of the publisher. Coauthor J.H. Strehlau conducted transmission
electron microscopy (TEM) and magnetic extraction. I. Lascu provided samples and
magnetic data. J.A. Dorale provided samples. R.L. Penn and J.M. Feinberg supervised
project design, experiments, and data analysis.
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4.2 Speleothem Magnetism
Speleothems, including stalagmites, stalactites, and flowstones, are secondary mineral
deposits that form in caves and record valuable information about the environment in
which they grow (Fairchild et al., 2007). Speleothems were first proposed as paleomag-
netic recorders in the 1970s, when Latham et al. (1979) measured the ancient geomag-
netic field directions recorded by a group of flowstones and stalagmites and established
that speleothems can hold stable magnetizations for thousands of years after their initial
deposition in pre-existing caves. Throughout the 1980s, Latham used speleothems to
construct secular variation curves that aligned well with data collected from sediment
cores and archaeological material (Latham et al., 1982, 1986, 1989). This work sparked a
series of paleomagnetic studies expanding on his theories over the next two decades (e.g.,
Morinaga et al., 1986, 1987, 1992; Perkins and Maher , 1993; Perkins, 1996; Openshaw
et al., 1997). Perkins (1996) was the first to perform electron microscopy on magnetic
extracts from speleothems, providing independent confirmation of magnetic results and
giving unprecedented insight into the processes involved in remanence acquisition in
stalagmites and flowstones.
The major obstacle for most paleomagnetic studies on speleothems is the low mag-
netic intensity displayed by stalagmites and flowstones, with natural remanent magne-
tization (NRM) intensities typically ranging from 10-6 to 10-3 Am-1 (see Latham et al.,
1982, 1986, 1989; Perkins and Maher , 1993; Perkins, 1996). The equivalent magneti-
zation for a 2 cm cube (8 cm3) would range from 8 × 10-12 to 8 × 10-9 Am2, which
is close to the sensitivity limit for most SQUID-based cryogenic rock magnetometers
(10-12 to 10-11 Am2). In this regard, the challenges for paleomagnetic studies on “clean”
speleothems (i.e., those devoid of flood material) are similar to those faced by studies
on pelagic limestones with very little detrital input, where weak NRM intensities make
the acquisition of progressive demagnetization data difficult. To overcome the difficul-
ties presented by such weak magnetizations, researchers typically rely on large sample
volumes (≥ 8 cm3) that average geomagnetic field behavior on timescales of 100-4000
years per sample (e.g., Osete et al., 2012).
In recent years, improved magnetometer sensitivities have enabled the measurement
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of ever-smaller samples of stalagmites and flowstones, thereby refining the potential tem-
poral resolution of speleothem paleomagnetic records (e.g., Lascu and Feinberg , 2011;
Osete et al., 2012). As continuous recorders in which lock-in time is subannual and ma-
terial suffering from postdepositional alteration is readily identified and avoided (Lascu
and Feinberg , 2011), speleothems are an attractive alternative to materials like the lava
flows and sediment cores more commonly used in paleomagnetic research. However, the
mechanisms of remanence acquisition in speleothems are still poorly understood, and
paleomagnetic results currently cannot be evaluated with respect to their origins.
Most speleothems are formed when calcite (CaCO3) precipitates from carbonate-
rich groundwater as it enters pre-existing caves, producing secondary deposits (Fairchild
et al., 2007). Stalagmites grow through the accumulation of calcite on surfaces below
drip points, building subannual layers at rates ranging from 5 µm to 300 µm per year
(Fairchild et al., 2007). This calcite is a nearly ideal material for uranium-series dating
(Dorale et al., 2004), making stalagmites useful tools for paleoclimate research (e.g.,
Dorale et al., 1998; Vacco et al., 2005; Denniston et al., 2007; Dasgupta, 2008; Oster
et al., 2010). Many stalagmites display annual laminations, with differential colored
bands reflecting seasonal changes in the concentration of humic substances and fulvic
acids, as well as detrital grains, present in the stalagmite’s source waters (Lascu and
Feinberg , 2011; Fairchild et al., 2007). Additionally, periodic floods may deposit layers of
sediment, which contains a significant fraction of ferromagnetic iron oxides compared to
dripwater-formed calcite, on the external surfaces of stalagmites and flowstones (Lascu
and Feinberg , 2011; Fairchild et al., 2007). Both drip and flood processes can introduce
detrital material, which may include magnetic minerals that formed outside of the cave,
into a stalagmite or flowstone. After deposition on the drip surface of the speleothem,
the magnetization of the ferromagnetic detritus is locked in place by the subsequent
precipitation of accumulating calcite.
While the dichotomy between drip water and flood water has been described with
respect to calcite precipitation rates and speleothem morphology (Lascu and Feinberg ,
2011), its implications for rock magnetism are not well defined. In particular, no study
has examined whether the presence or absence of flood material in a bulk speleothem
sample is reflected in its magnetic mineral assemblage, nor described the corresponding
role of authigenic iron oxide precipitates. Further, as researchers continue to examine
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whether magnetic mineral assemblages in speleothems can be used as proxies for envi-
ronmental change (e.g., Osete et al., 2012), a clearer understanding of the grain sizes,
shapes, elemental chemistry, and physical arrangements of iron oxides and oxyhydrox-
ides is needed.
Previous studies of paleomagnetism in stalagmites and flowstones have described
the magnetic mineral assemblage in speleothems using observations about the magnetic
properties of bulk samples, which serve as proxies for composition and grain size (e.g.,
Perkins and Maher , 1993). However, this geophysical approach is not sufficient to de-
velop a detailed story of remanence acquisition. Questions about the significance of in
situ grain growth and alteration, as well as the effects of flood material in magnetic
studies, remain unanswered. Through microscopic study of magnetic extracts, modeled
after the pioneering work of Perkins (1996) and later Rusanov et al. (2000), grain mor-
phology and elemental compositions may be considered, expanding our understanding
of the processes involved in the introduction and incorporation of magnetic material in
speleothems.
Perkins (1996) analyzed magnetic extracts from stalagmites and flowstones from the
UK (England and Wales) using scanning electron microscopy and transmission electron
microscopy (SEM and TEM) and proposed a remanence acquisition model based largely
on the morphology and composition of the observed magnetic mineral assemblage. Three
morphological categories were identified: abraded irregular grains, unabraded euhedral
grains, and needle-like grains. Perkins suggested that the abraded grains were rounded
during stream transport and therefore provided crucial evidence for the presence of detri-
tal magnetic material in speleothems and the corresponding importance of depositional
remanent magnetization (DRM). Energy dispersive spectroscopy (EDS) measurements
conducted via SEM indicated that a large fraction of these abraded grains contained
both iron and titanium, which, when coupled with rock magnetic results revealing the
presence of titanomagnetite (Fe3-xTixO4), is consistent with an allochthonous origin.
EDS measurements of the euhedral grains showed only iron, indicating that they were
nearly pure stoichiometric magnetite (Fe3O4). The needle-like grains found in two flow-
stone samples were too small to be analyzed using EDS, and instead were inferred to
be goethite (α-FeO·OH) based on their morphological similarity to authigenic goethite
crystals and the magnetic signature of goethite in bulk sample measurements. Perkins
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speculated that both goethite and magnetite precipitated in situ on a speleothem’s drip
surface and thus constituted a chemical remanent magnetization (CRM). Perkins (1996)
thereby demonstrated the value of tandem microscopy and magnetic analyses and laid
out a model highlighting the combined roles of DRM and CRM in the acquisition of
magnetization in speleothems.
Rusanov et al. (2000) employed Mo¨ssbauer spectroscopy and SEM-TEM analysis
to examine the magnetic mineral assemblage in magnetic extracts from a stalagmite
collected from a private cave in the UK, revealing the presence of fine-grained hematite
(∼20 nm) and superparamagnetic goethite. No evidence of magnetite was found through
either analysis. This study confirmed that goethite can occur in stalagmites and demon-
strated that the remanence of some speleothems may be dominated by phases other than
magnetite.
Unlike lava flows and sediment cores, which have well-established methodological
protocols, speleothems are still a fairly new tool in rock magnetism, and best practices
have not yet been developed. This study concerns the quantitative characterization of
magnetic materials occurring at mass loadings very near the detection limits and the
edge of measurability for even the most sensitive of instruments. Through coupled SEM
and TEM study of magnetic extracts, we increase the range of grain sizes that may be
analyzed and the spectrum of chemical analytic methods available, making it possible
to address some of the analytical gaps in Perkins (1996). We also aim to provide basic
guidelines for sample selection criteria and characterization methods for future research
in speleothem magnetism. An improved understanding of the magnetic mineralogy
of speleothems is a critical step toward the establishment of speleothem magnetism
as a useful and practical tool for the paleomagnetism and environmental magnetism
communities.
4.3 Methods
4.3.1 Samples and Setting
This study focuses on five stalagmite samples collected from four caves in the United
States. All samples were generously provided by other researchers. Three of the samples
were collected from privately owned caves in southeast Minnesota: SVC982 and SVC06
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from Spring Valley Caverns (Dasgupta, 2008; Shapiro, 2007) and NC11-1 from Niagara
Cave (C. Alexander, personal communication). Both caves are located in the Driftless
Area, a region panning southeastern Minnesota and western Wisconsin that underwent
multiple glaciations but was not covered by ice during the most recent glacial maximum
(Shapiro, 2007). As a result, glacial till covers much of the surface above these caves and
contains mineral fragments from intrusive and extrusive volcanic rocks that originally
formed in northern Minnesota and Canada. Sample CC-99-DBL-L was collected from
Crevice Cave, Missouri, which is located in a loess plateau ∼200 km south of the most
recent glacial maximum ice sheet extent (Dorale et al., 1998). Sample BCC10 was
collected from Buckeye Creek Cave, West Virginia, which is situated in the Allegheny
Mountains (Hardt , 2010). Two of these stalagmites (NC11-1, SVC982) are known to
include flood layers (Dasgupta (2008); E. C. Alexander, personal communication) and
two (SVC06, BCC10) are composed of clean laminated calcite with no indication of
flooding (E. C. Alexander, personal communication (2012); R. L. Edwards, personal
communication (2011)). The fifth (CC-99-DBL-L) was collected from an area of Crevice
Cave where multiple stalagmites have been shown to contain flood layers, but flood
layers have not been conclusively identified in this sample.
4.3.2 Rock Magnetic Characterization
All magnetic measurements were conducted at the Institute for Rock Magnetism at
the University of Minnesota, using bulk stalagmite samples (∼0.5 cm3 chips). While
magnetic extracts (described below) are able to provide a representative sampling of the
varieties of magnetic minerals present in each speleothem, the extraction process may
have inherent collection biases that do not accurately capture the relative abundances
of magnetic minerals present within each sample. Rock magnetic measurements on bulk
samples should provide a clearer picture of which mineral phases dominate the magnetic
remanence held by a given sample.
Room-temperature hysteresis experiments were conducted on a Princeton Measure-
ments Vibrating Sample Magnetometer with a nominal sensitivity of 10-9 Am2. Major
hysteresis loops and backfield curves were collected for chips of each speleothem. Low-
temperature experiments were conducted on two Quantum Designs Magnetic Property
Measurement System (MPMS) cryogenic magnetometers with nominal sensitivities of
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10-10 Am2. A variety of low-temperature measurements were conducted, each following
one of three protocols:
1. In a Field Cooled-Zero Field Cooled (FC-ZFC) experiment, each subsample was
cooled from room temperature to 10 K, first in a 2.5 T field and then in zero
field, and given a 2.5 T isothermal remanent magnetization (IRM). Magnetization
was measured during warming back to room temperature in zero field. These
measurements enable the identification of diagnostic magnetic mineral transitions
and help to determine the dominance of either multidomain (ZFC > FC below
120 K) or single-domain (FC > ZFC below 120 K) grains in the magnetic mineral
assemblage.
2. During the low-temperature cycling of a room-temperature saturation isothermal
remanent magnetization (RTSIRM), a 2.5 T IRM was imparted to each subsample
at room temperature; magnetization was then measured during cooling to 10 K
and subsequent warming to 300 K, both in zero field. Like FC-ZFC measurements,
RTSIRM measurements may be used in the identification of magnetic mineral
compositions and multidomain to single-domain ratios and are one of the most
sensitive indicators for the presence of pure stoichiometric magnetite.
3. The frequency dependence of magnetic susceptibility was measured for one sub-
sample from each stalagmite, using a field of 0.3 mT at frequencies of 1, 6, 32,
178, and 997 Hz. These measurements are critical for the detection of superpara-
magnetic grains.
Demagnetization of remanent magnetizations was conducted on secondary subsam-
ples from each stalagmite using cryogenic magnetometers: either a 2G Enterprises su-
perconducting rock magnetometer (SRM), with a nominal sensitivity of 10-11 Am2, or
a 2G Enterprises U-channel magnetometer, with a nominal sensitivity of 10-12 Am2.
Each experiment followed a sequence of progressive alternating field (AF) steps until
either 95% of the subsample’s initial magnetization was removed or the maximum AF
demagnetization step was reached.
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4.3.3 Microscopy
Magnetic extracts were prepared using a two-step process. First, the carbonate compo-
nent of the speleothem was dissolved using a mildly acidic buffer solution. Second, the
undissolved residue was resuspended and the resulting mixture subjected to a strong
magnetic field following either the methods of Perkins (1996) or the alternate method
described below, which enabled the further separation of grains according to magnetic
moment.
Dissolution
Stalagmite specimens were subsampled with either a bandsaw or a circular saw and care-
fully sanded by hand to remove any trace metal left by the cutting process, after which
subsamples were rinsed, sonicated in water for 180 s, and dried at room temperature.
Each group of subsamples (totaling approximately 12-15 g) was then disaggregated into
small pieces, as recommended by Perkins (1996). Each sample was additionally ground
using a ceramic mortar and pestle until no pieces larger than 1 cm3 remained.
The dissolution procedure was adapted from Perkins (1996). The buffer solution for
dissolution was a 4:1 mixture of 2 M CH3COOH (Mallinckrodt) and 1 M NaCH3COO
(Aldrich), both prepared using Milli-Q water (Millipore, 18.2 Ω·cm). The crushed sta-
lagmite was added to a 250 mL Erlenmeyer flask and dissolved in 200 mL of buffer
solution. The flask was mixed using a Cole Parmer Orbital Shaker 51300 Series set at
162 rotations per minute (rpm) for 7 days. During the dissolution, the pH increased
from 4 to approximately 5.5.
After the stalagmite was completely dissolved, the remaining clay and iron oxide
residue was collected by transferring the suspension to a centrifuge tube and spinning
at 5000 rpm for 3 min using an Eppendorf 5804 centrifuge. The supernatant was
decanted and the residue was rinsed three times by adding 40 mL Milli-Q water to the
centrifuge tube, shaking for 2 min, spinning at 5000 rpm for 3 min, and decanting. The
final residue was dried in air at room temperature.
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Magnetic Extraction
Initial extraction was conducted using a peristaltic pump, after the methods of Perkins
(1996). The residue was resuspended in 10 mL of Milli-Q water, to which 0.2 mL of
10% (NaPO3)6 (Fisher Scientific) was added as a deflocculant. This suspension was then
pumped through a vertical loop of plastic tubing past a strong magnet in a plastic sleeve.
Extracts were washed from the sleeve into a collection vessel with a stream of distilled
deionized water once per day for 7-15 days. This method was somewhat successful
for samples with a high concentration of detrital matter; however, its efficiency was
decreased substantially by a backup of sediment at joints in the loop of tubing.
Subsequent magnetic extraction was performed in two steps, aimed at separating
strongly and weakly magnetic particles for characterization in order to reduce the ob-
scuring effects of magnetic attraction between grains during microscopy. To extract
strongly magnetic material, the residue was first added to a 50 mL Erlenmeyer flask
containing 30 mL of Milli-Q water. A neodymium magnet was taped approximately 1
cm from the bottom edge, separated from the glass at a fixed distance of 1.7 cm, im-
posing a field of ∼10-16 mT at the wall of the flask. The suspension was agitated using
a shaker table set at 105 rpm for 1 h. With the magnet still in place, the suspension
was carefully decanted without dislodging the material that had been attracted to the
magnet. Once all of the suspension had been decanted, the magnet was removed and
the strongly magnetic material was collected using 1-3 mL of Milli-Q water. To extract
weakly magnetic material, the above process was repeated using the same neodymium
magnet with the decanted suspension, with the magnet affixed directly to the side of
the flask, imposing a field of ∼80-290 mT at the wall of the flask.
SEM/TEM
Strongly magnetic particles were characterized using a JEOL 6500 SEM. Samples were
prepared for SEM by allowing 1-3 drops of the strongly magnetic material to dry on
a 12 mm square of carbon tape (SPI Supplies, Structure Probe, Inc.) without carbon
coating. Energy dispersive spectroscopy (EDS) was conducted using a Thermo-Noran
Vantage system for elemental analysis. SEM-EDS systems are often calibrated using a
“standardless” algorithm; under the best experimental conditions, this algorithm gives
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absolute elemental concentrations an accuracy of ±5% (Thermo Electron Corporation,
2009). Interpretation of elemental measurements acquired with SEM-EDS in this study
relies on elemental ratios (e.g., Fe/O or Fe + Ti/O) rather than absolute concentrations
(e.g., [Fe] or [Ti]).
Weakly magnetic particles were characterized using a FEI Tecnai T12 high-resolution
TEM (HRTEM) operated at 120 kV and equipped with a LaB6 electron source. Images
and compositional measurements were collected with a Gatan charge-coupled device
(CCD) camera and Oxford Model 6767 EDS system, respectively. TEM samples were
prepared by placing a drop of the weakly magnetic extract on a 3 mm holey carbon
coated copper grid (SPI Supplies). Each droplet was allowed to dry, leaving its residual
magnetic extract on the grid, and additional drops were added in the same manner
so that the final TEM samples contained the magnetic mineral assemblage from 1-10
drops. Selected area electron diffraction (SAED) patterns were collected for composi-
tional analysis. Spacings and angles were measured in Digital Micrograph (Gatan Inc.,
V. 3.9.4).
All of the SEM and TEM images shown in this paper are modified only in linear
adjustments to brightness and contrast across the image to use the full range of available
grayscale values. All microscopy was conducted at the Characterization Facility in the
College of Science and Engineering at the University of Minnesota.
4.4 Results
All samples showed at least one indicator of pure stoichiometric magnetite and goethite,
and most displayed a range of magnetic mineral compositions, morphologies, and grain
sizes (Table 4.1).
4.4.1 Rock Magnetism
Rock magnetic experiments at both low and room temperature revealed a variety of
magnetic mineral assemblages (Figure 4.1 and Table 4.2). The concentration of magnetic
minerals in some samples was sufficiently low to make detection difficult in some cases.
Room-temperature hysteresis measurements revealed a small ferromagnetic contribution
in all five samples, largely masked by the diamagnetic signal of the host calcite in
66
T
a
b
le
4
.1
:
S
u
m
m
ar
y
of
m
ag
n
et
ic
an
d
m
ic
ro
sc
op
ic
re
su
lt
s
b
y
sa
m
p
le
.
H
ea
d
er
ab
b
re
v
ia
ti
on
s:
fl
o
o
d
la
ye
rs
(F
L
),
m
ag
n
et
it
e
(M
ag
),
h
em
a
ti
te
(H
em
),
g
o
et
h
it
e
(G
th
),
ti
ta
n
om
ag
n
et
it
e
(T
M
ag
),
ex
so
lu
ti
on
te
x
tu
re
(E
x
s)
.
Y
=
d
et
ec
te
d
,
N
=
th
eo
re
ti
ca
ll
y
d
et
ec
ta
b
le
b
u
t
n
o
t
d
et
ec
te
d
,
N
/A
=
n
ot
ap
p
li
ca
b
le
.
*C
C
-9
9-
D
B
L
-L
h
as
n
o
ob
se
rv
ab
le
fl
o
o
d
la
ye
rs
b
u
t
w
as
co
ll
ec
te
d
in
a
re
gi
on
o
f
C
re
v
ic
e
C
av
e
th
at
ex
p
er
ie
n
ce
s
fl
o
o
d
in
g.
**
H
em
at
it
e
d
et
ec
te
d
on
ly
as
in
te
rg
ro
w
th
s
w
it
h
il
m
en
it
e.
M
in
er
a
l
n
am
e
ab
b
re
v
ia
ti
on
s
fr
om
W
h
it
n
ey
a
n
d
E
va
n
s
(2
01
0)
.
S
am
p
le
C
av
e
S
ta
te
F
L
A
n
al
y
si
s
M
ag
H
em
G
th
T
M
ag
E
x
s
S
p
h
er
u
le
s
N
C
11
-1
N
ia
ga
ra
C
av
e
M
N
Y
M
ag
n
et
ic
Y
N
Y
-
T
ra
ce
Y
Y
Y
T
E
M
N
N
Y
-
S
ol
it
ar
y
n
ee
d
le
s
S
E
M
Y
Y
**
Y
-
N
ee
d
le
ag
gr
eg
at
es
S
V
C
98
2
S
p
ri
n
g
V
al
le
y
C
av
er
n
s
M
N
Y
M
ag
n
et
ic
Y
N
Y
Y
Y
Y
T
E
M
N
N
Y
-
S
ol
it
ar
y
&
p
ol
y
cr
y
st
al
li
n
e
ag
gr
eg
at
e
S
E
M
N
Y
**
N
S
V
C
06
S
p
ri
n
g
V
al
le
y
C
av
er
n
s
M
N
N
M
ag
n
et
ic
N
N
N
N
N
N
T
E
M
N
N
N
S
E
M
N
/A
N
/A
N
/A
C
C
-9
9-
D
B
L
-L
C
re
v
ic
e
C
av
e
M
O
N
*
M
ag
n
et
ic
Y
N
Y
-
T
ra
ce
Y
Y
Y
T
E
M
N
N
Y
-
N
ee
d
le
ag
gr
eg
at
es
S
E
M
N
N
Y
-
N
ee
d
le
ag
gr
eg
at
es
B
C
C
10
B
u
ck
ey
e
C
re
ek
C
av
e
W
V
N
M
ag
n
et
ic
T
ra
ce
N
Y
-
A
b
u
n
d
an
t
N
N
N
T
E
M
N
N
Y
-
N
ee
d
le
ag
gr
eg
at
es
S
E
M
N
/A
N
/A
N
/A
67
samples BCC10 and SVC06, which do not contain flood layers. Samples containing flood
layers showed a relatively decreased diamagnetic contribution or an added paramagnetic
contribution, indicated by a positively sloping high-field magnetic susceptibility.
Analysis of secondary electron images collected in SEM revealed a broad range of
grain sizes at the submicron to micron scale, with a broad distribution of grains between
0.1 µm and 10 µm in diameter and outliers ranging up to 300 µm.
The five stalagmites may be ranked in order of their mass normalized magnetic mo-
ment, though the parameters used to derive this ranking greatly impact its adherence
to the working model of speleothems with flood layers (fl) as “magnetically stronger”
and speleothems without flood layers (nfl) as “magnetically weaker,” a dichotomy that
may be better described as a spectrum. According to mass normalized saturation mag-
netization (M s), which is primarily a function of the concentration of magnetic material
in a bulk sample:
NC11-1 (fl) >> SVC06 (nfl) ∼ SVC982 (fl) > BCC10 (nfl) > CC-99-DBL-L (?fl)
However, according to room-temperature saturation isothermal remanent magneti-
zation (RTSIRM), which is a sensitive indicator of magnetic grain size distribution:
NC11-1 (fl) >> BCC10 (nfl) > SVC982 (fl) ∼ SVC06 (nfl) > CC-99-DBL-L (?fl)
Thus, the presence or absence of flood layers in a stalagmite is not necessarily in-
dicative of the intensity of its magnetization; other factors must also be considered.
Five major groups of magnetic minerals were identified using a combination of rock
magnetic and electron microscopic techniques, including magnetite, titanomagnetite,
goethite, exsolved grains, and spherules. Details for each subgroup are reported below.
4.4.2 Magnetite
Both rock magnetic measurements and electron microscopy indicate the presence of
pure stoichiometric magnetite in all five samples. RTSIRM and FC-ZFC experiments
show a decrease in magnetization at ∼120 K, characteristic of the Verwey crystallo-
graphic transition in magnetite (Figure 4.1). In sample BCC10, the contribution from
goethite was sufficiently large to mute the Verwey transition during FC-ZFC experi-
ments, although the transition was detected in RTSIRM results. Similarly, due to very
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Figure 4.1: Representative low-temperature MPMS experimental results by sample,
with FC-ZFC measurements (filled circles on FC, open circles on ZFC) at left and
RTSIRM measurements (filled circles on cooling, open circles on warming) at right.
Samples with flood layers indicated by (fl); samples with no flood layers indicated by
(nfl). Arrow in RTSIRM for BCC10 indicates Verwey transition (VT).
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Figure 4.2: Representative SEM images of magnetite grains, identified by EDS, from
sample NC11-1 (fl). (a) Rounded grain with triangular etch pits. (b) Euhedral faceted
grain. (c) Irregular grain with plumose texture. (d) Shrinkage cracks, possibly indicating
maghemite, from sample CC-99-DBL-L (?fl); inset from sample NC11-1.
low concentrations of magnetic minerals, all magnetic results for sample SVC06 were
extremely noisy, making the Verwey transition more difficult to detect through FC-ZFC
experiments than through RTSIRM.
Approximately half of the extracted grains analyzed with SEM-EDS in NC11-1 were
identified as magnetite, based on Fe:O ratios of 0.75 and the absence of Ti (Figure 4.2).
Most magnetite grains are rounded and heavily abraded, with some displaying triangu-
lar etch pits on relict {111} facets. The surfaces of some grains show shrinkage cracks
that are likely associated with the onset of partial oxidation of magnetite to maghemite
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(γ-Fe2O3), during which the resulting decrease in d-spacing leads to a negative vol-
ume change (example in Figure 4.2d). A portion of the magnetite grains show freshly
fractured surfaces with plumose markings still visible, but without the triangular etch
pits and partially oxidized textures that define older, more weathered surfaces on the
magnetite grains. We interpret these variable surface textures to have formed during
the transport of detrital grains prior to their introduction into the cave.
Pure magnetite was not detected through EDS in other samples, which is most likely
the result of sampling bias, as all samples display evidence of the Verwey transition
in low-temperature magnetic measurements. These results demonstrate the power of
combined rock magnetic and microscopic analyses: although one technique may not
fully describe the composition of a given sample, most (if not all) mineral types can be
captured through the use of correlative analytical techniques.
4.4.3 Titanomagnetite
Frequency dependence of susceptibility experiments produced in-phase susceptibility
curves consistent with the presence of titanomagnetite of varying compositions (Moskowitz
et al., 1998) for samples NC11-1 and SVC982. In magnetic extracts, EDS spectra re-
vealed titanomagnetite grains with compositions ranging from TM02 to TM99, with
most values below TM60 and a mean composition of TM38.
Titanomagnetite grain morphology varies widely, ranging from euhedral to heavily
abraded, in samples NC11-1, CC-99-DBL-L, and SVC982 (Figure 4.3). Some titanomag-
netite grains show similar surface textures to the magnetite grains observed in sample
NC11-1, including triangular etch pits and plumose markings. The euhedral titanomag-
netite grains found in this study do not fit into the morphological model of Perkins
(1996), in which all euhedral grains were thought to be pure magnetite that precipi-
tated either inside the cave or close to the cave system as part of pedogenic magnetic
enhancement.
TEM analysis of the weakly magnetic extract yielded no positive identification of
magnetite or titanomagnetite, consistent with the expected outcome of the differential
magnetic extraction method, during which strongly magnetic material (e.g., magnetite
and titanomagnetite) would be isolated in the extract to be studied via SEM.
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Figure 4.3: Representative SEM images of titanomagnetite grains, identified by EDS.
(a) Euhedral grain from NC11-1 (fl). (b) Euhedral grain with triangular etch pits from
NC11-1. (c) Grain with plumose texture from SVC982 (fl). (d) Grain with irregular
pitting from NC11-1.
4.4.4 Goethite
Rock magnetic evidence for the presence of goethite includes a separation of the FC and
ZFC data from 10 K to 300 K and/or a decreasing trend with an increasing temperature
in RTSIRM data. The magnetism of sample BCC10 was dominated almost exclusively
by goethite, while all other samples included goethite as a secondary magnetic carrier.
Evidence for goethite was found in magnetic extracts from all samples, although
the composition of goethite could not be determined during SEM analysis through
EDS. Every sample studied under TEM, with the exception of sample SVC06, included
goethite, identified by significant Fe in EDS spectra and diffraction analysis of SAED
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Figure 4.4: Needle aggregates of goethite. (a) SEM micrograph from CC-99-DBL-L
(?fl). (b) TEM micrograph from CC-99-DBL-L. (c) TEM micrograph from BCC10 (nfl)
with corresponding, indexed SAED pattern of the needle tip indicated in the boxed
region, confirming that the needles are polycrystalline goethite (Gth).
patterns. We categorize observed goethite into three morphological classes: (1) needle
aggregates, (2) solitary needles, and (3) polycrystalline aggregates.
Aggregates of goethite needles on top of clay minerals (Figure 4.4) were found in
samples CC-99-DBL-L and BCC10. Individual needles were < 1 µm in length and < 0.2
µm wide. Both TEM-EDS and electron diffraction patterns collected from needle tips
protruding from the edge of the clay mineral host confirm the needle-shaped grains as
goethite. A large Fe:Si ratio was detected by TEM-EDS (the Si is thought to originate
from the host mineral), and the measured d-spacings in the SAED pattern match the
known values of the (111), (002), and (042) goethite planes. Other iron oxides, including
magnetite and hematite, do not consistently correlate to these measured d-spacings,
providing further evidence that the identity of the needle-shaped grains is goethite.
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Figure 4.5: Solitary goethite needles, both from NC11-1 (fl). (a) TEM micrograph of
twinned goethite needles with a twin angle of 118◦. (b) TEM micrograph of a solitary
goethite needle with SAED pattern along the [001] axis.
Twinned and solitary goethite needles (examples shown in Figure 4.5) were found
in samples NC11-1 and SVC982. Observed twin angles of the goethite needles are con-
sistent with the documented 117.5◦ twin angle of goethite (Cornell and Schwertmann,
2003). In the case of solitary needles, goethite composition was confirmed by both
EDS and SAED, which revealed a high Fe elemental composition and indexed goethite
diffraction pattern (Figure 4.5b).
A polycrystalline aggregate of randomly oriented nanometer-scale goethite crystal-
lites (Figure 4.6) was found in sample SVC982. EDS spectra of this polycrystalline
aggregate particle reveal a primarily iron oxide matrix, with d-spacings in the SAED
pattern consistent with polycrystalline goethite. HRTEM of the particle edge confirms
its polycrystallinity, displaying ∼5 nm islands of goethite with multidirectional lattice
fringes that match the expected d-spacing (Figure 4.6b).
Grains with needle-like morphologies were also observed through SEM in samples
NC11-1, SVC982, and CC-99-DBL-L, though these grains were not subject to EDS due
to their small size.
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Figure 4.6: Polycrystalline aggregate of nanoscale goethite from SVC982 (fl). (a) TEM
micrograph with inset polycrystalline SAED pattern. White box is the site of (b)
HRTEM micrograph showing polycrystalline lattice fringes.
4.4.5 Exsolved Grains
SEM examination of samples NC11-1, SVC982, and CC-99-DBL-L revealed multi-
ple grains featuring exsolution microtextures, with one intergrown phase preferentially
etched to reveal networks of exsolved lamellae (Figures 4.7a - 4.7d). Intergrowths of
magnetite and ulvo¨spinel (Fe2TiO4) with lamellae intersecting at 90
◦, which can only
form in slowly cooling plutonic environments (e.g., Feinberg et al., 2005), are particu-
larly common. EDS analysis of individual lamellae was not possible due to limits on
the spatial resolution of the electron beam’s interaction volume; however, bulk EDS
analyses indicated compositions with varying ratios of Ti and Fe. Low concentrations
of ulvo¨spinel are not detectable in standard low-temperature MPMS experiments, as
ulvo¨spinel is antiferromagnetic at room temperature, with a very weak ferromagnetic
moment that appears at temperatures below 100 K (Readman, 1978).
Intergrowths of hematite (α-Fe2O3) and ilmenite (FeTiO3) were observed in samples
NC11-1 and SVC982 (Figures 4.7e - 4.7f), with additional intergrowths of rutile (TiO2)
in the grain shown from NC11-1. Relict ilmenite lamellae display the lozenge shape
characteristic of finely exsolved hematite-ilmenite systems, while hematite is largely
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Figure 4.7: SEM images of grains exhibiting etched exsolution textures. Ulvo¨spinels
from (a) SVC982 (fl), (b and c) NC11-1 (fl), (d) CC-99-DBL-L (?fl). (e) Hemoilmenite
with rutile inclusions from NC11-1. (f) Hemoilmenite from SVC982.
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etched away. Arrays of crystallographically aligned rutile inclusions crosscut both the
ilmenite and hematite lamellae in the grain from NC11-1 shown in Figure 4.7f, consis-
tent with exsolution in Ti-rich hemoilmenites (e.g., Brownlee et al., 2010). As with the
magnetite-ulvo¨spinel intergrowths, EDS analysis of individual lamellae in these grains
was not possible, though we may infer that these lamellae are composed of ilmenite
and hematite, which is consistent with bulk EDS analysis of multiple sites on each
grain showing various ratios of Fe and Ti. Magnetic experiments show no indication of
hemoilmenite or its endmembers, hematite and ilmenite, indicating that the concentra-
tion of such exsolved grains in bulk samples is generally low. If these exsolved grains did
contribute significantly to the remanence held by speleothems, extremely high coerciv-
ities would be expected. The exsolution process is known to transform large, formerly
multidomain grains into populations of interacting single domain grains (Evans and
Wayman, 1974).
4.4.6 Spherules
SEM examination of samples NC11-1, SVC982, and CC-99-DBL-L revealed at least
one spherical grain with dendritic texture in each sample (Figure 4.8). Two of these
spherules were identified through SEM-EDS analysis as titanomagnetite, with contri-
butions from Cr, Ni, Na, and Si. These grains appear to be intergrown titanium oxide
spheres with a less resistant matrix, consistent with the appearance of micrometeorites
(e.g., Onoue et al., 2011), although they are at the low end of the range of typical
spherule diameters, suggesting a possible categorization as cosmic dust.
4.4.7 Demagnetization of Remanent Magnetization
Demagnetization of NRM in samples NC11-1, SVC982, CC-99-DBL-L, and BCC10 and
isothermal remanent magnetization (IRM) in sample SVC06 (Figure 4.9) indicates that
remanence is held by stalagmites in a variety of ways. Initial NRMs are reported in
mass-normalized Am2/kg, rather than volume-normalized units (e.g., A/m), due to
the varying degrees of porosity in many stalagmites (Frisia et al., 2000). Results in
Zijderveld diagrams (Figure 4.9) are reported in Am2 in order to give a clearer indication
of how close a given sample is to the nominal sensitivity of the cryogenic magnetometer
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Figure 4.8: SEM images of spherules from (a) SVC982 (fl), (b) NC11-1 (fl), (c) SVC982,
and (d) CC-99-DBL-L (?fl).
(10-12 Am2).
In samples NC11-1, SVC982, and CC-99-DBL-L, a single “soft” component of mag-
netization follows a trend generally toward the origin with the application of progres-
sively larger alternating fields, though less directly in sample CC-99-DBL-L. Similarly,
the progressive demagnetization of a 1 T IRM in sample SVC06 shows the near total
removal of magnetic remanence after 170 mT, demonstrating the sample’s capacity to
record and hold a stable remanence. The extent of AF demagnetization suggests that
magnetite and/or titanomagnetite are the major carriers of magnetic remanence in these
four samples. In contrast, sample BCC10 shows a moderate mass-normalized NRM in-
tensity but is resistant to AF demagnetization, suggesting that a significant portion of
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Figure 4.9: Representative Zijderveld plots and stereonets of the demagnetization of
natural remanent magnetization (NRM) by sample, using either progressive alternating
field (AF) or thermal steps. Unless otherwise noted, points represent a single measure-
ment. Zijderveld plot omitted for sample SVC06 in favor of demagnetization of isother-
mal remanent magnetization (IRM) due to weakness of NRM. In Zijderveld plots, solid
(hollow) circles represent horizontal (vertical) projection. In stereonets, solid (hollow)
circles represent lower (upper) hemisphere. All samples in this figure are azimuthally
unoriented.
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remanence in BCC10 is carried by a “hard” magnetic material. Based on both low-
temperature magnetic results and electron microscopy, this material is likely goethite.
It is unclear whether the goethite in BCC10 acquired a DRM at the time of stalagmite
growth or acquired a CRM over a protracted interval (see section 4.5.1); as such, the
sample was treated with a 150 ◦C thermal demagnetization step to remove any rema-
nence held by goethite. However, the AF demagnetization spectra of BCC10 in Figure
4.9 illustrate one of the limitations on paleomagnetic studies of stalagmites: the residual
remanence after thermal treatment falls near the noise level of the magnetometer and
is too weak for the isolation of a characteristic remanent magnetization (ChRM). The
remanence directions appear to cluster at a reasonable inclination given the location of
the source cave, but the Zijderveld diagram demonstrates the noisy quality of the data.
4.5 Discussion
Perkins (1996) divides magnetic extracts from speleothems into three categories: irregu-
lar and abraded grains, identified as detrital magnetite, titanomagnetite, and hematite;
euhedral grains, identified as authigenic magnetite; and needle-shaped grains, identified
as goethite. In fact, the results provided here demonstrate that the list of magnetic
carriers in stalagmites is much more complex, and the previously established categories
are overly broad. We replicate and expand upon Perkins’s results with multiple lines
of evidence—magnetic, chemical, and/or morphological—for each mineral identified as
a source of remanence, including magnetite, titanomagnetite of varying compositions,
goethite, and intergrown grains of ferromagnetic minerals.
The diversity of magnetic minerals found is most fully represented in sample NC11-
1, which includes detrital material of a high enough concentration and abundance to
be visible at the hand sample scale. Other samples include a subset of the list, with
varying contributions from each mineral. The remanence of samples NC11-1, SVC982,
CC-99-DBL-L, and SVC06 is held primarily by magnetite and titanomagnetite. Only
the remanence of sample BCC10 is dominated by goethite adequate to completely mask
the Verwey transition during FC-ZFC experiments (Figure 4.1). While ulvo¨spinel and
hemoilmenite exsolution lamellae were detected microscopically, no contribution to mag-
netic remanence was observed.
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Other researchers (e.g., Latham, 1981; Morinaga et al., 1986; Perkins and Maher ,
1993; Perkins, 1996; Rusanov et al., 2000; Pruner et al., 2010) have found evidence for
hematite in speleothems through magnetic analyses. None of the five stalagmites used
in this study indicated the presence of hematite through either magnetic or microscopic
analysis (with the exception of intergrown hemoilmenite), though this does not preclude
the possibility of hematite in other speleothems. Thermal demagnetization was not
conducted on these speleothems, as goethite has been shown to be present and is known
to convert to hematite after exposure to temperatures between 250 ◦C and 400 ◦C
(Dunlop and O¨zdemir , 1997). Perkins (1993) also posits the presence of maghemite,
though he acknowledges that positive identification could not be made through his
magnetic measurements. Similarly, Latham et al. (1989) did not rule out the possibility
of maghemite in detrital matter. The observed shrinkage cracks along the surfaces of
several magnetite and titanomagnetite grains in this study indicate that maghemite is
likely present in some speleothems.
Differential extraction from samples NC11-1, SVC982, and CC-99-DBL-L, which
include flood layers (or, in the case of sample CC-99-DBL-L, are likely to have been
exposed to flooding), yielded sufficiently large (≥ 1 µm) magnetic grains to be exam-
ined through SEM in addition to a population of smaller grains studied through TEM.
Samples SVC06 and BCC10, which show no evidence for flood layers, yielded no grains
and smaller grains, respectively, suggesting a correlation between the presence of flood
layers in stalagmites and a broader range of magnetic mineral grain sizes.
Although no magnetite was positively identified in the single-domain (SD) size range
through either TEM or SEM in any sample, magnetic results indicate the presence of
magnetite in the SD through multidomain (MD) size range. In all FC-ZFC experiments
performed, values in the FC warming curve were consistently higher than those in the
ZFC warming curve at temperatures below 120 K, which indicates that all five samples
are dominated primarily by SD and pseudo-single domain (PSD) sized grains. The
absence of SD magnetite in SEM and TEM imagery may be explained by a bias in the
differential extraction method: any grains too weak to be attracted to the neodymium
magnet or too small for this attraction to hold during agitation would not have been
extracted for microscopic examination. This presented a particular problem for sample
SVC06, which yielded no microscopically detectable magnetic material despite multiple
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extraction attempts. Sample SVC06 shows the limitation of the flask extraction method,
which successfully isolated a magnetic extract for four out of five samples, but failed
for a sample shown throughout magnetic experiments to contain trace concentrations
of ferromagnetic material. Additional work is necessary to improve the method and
address this issue.
Samples SVC982 and SVC06, which were collected from the same cave system, ex-
emplify the dichotomy between stalagmites with and without flood layers. One might
expect that samples without flood layers should display lower NRM and IRM intensi-
ties than those with flood layers; this trend does not hold in low-temperature FC-ZFC
experiments, during which sample SVC982 (with flood layers) retains remanence less
readily than sample SVC06 (without flood layers). This may be explained by magnetic
grain size: if sample SVC982 includes magnetic material that is MD in size, in accor-
dance with the proposed relationship between magnetic grain size and flood material, its
remanence should be less stable than that of sample SVC06, which includes smaller SD
magnetic grains. The magnetic dichotomy is consistent with SEM and TEM observa-
tions indicating a much broader range of grain sizes, especially larger grains, in sample
SVC982 relative to sample SVC06. The contrast between these two samples from a sin-
gle cave indicates that the information gained from a single speleothem may not fully
describe its depositional environment, especially with respect to its source waters and
catchment basin.
In all samples analyzed via SEM (NC11-1, SVC982, CC-99-DBL-L), grain morpholo-
gies ranged from perfectly euhedral (especially in the case of magnetite and titano-
magnetite) to extensively pitted to heavily fractured and abraded, all within a single
subsample. This variation suggests that magnetic material follows multiple routes of
transport into a cave system prior to deposition and encapsulation on a stalagmite’s drip
surface. While some grains were pitted, most were not, indicating that a subset of the
magnetic grains had been subject to chemical weathering prior to their incorporation
into these stalagmite samples. The broad range of physical abrasion in grains of similar
dimensions may indicate that detrital magnetic material has been sourced from varying
distances and undergone multiple types of transport.
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4.5.1 The Source of CRM
The crystallographic habit of the goethite identified through diffraction and elemen-
tal analysis in this study is distinct from that of the grains suggested to be goethite
in Perkins (1996), which were identified by morphology alone. Our three goethite
subcategories (needle aggregates, solitary needles, and polycrystalline aggregates) are
differentiated by morphology, a commonly used proxy for transport history. We in-
fer that the polycrystalline aggregate grains are the product of rapid nucleation with
little particle growth, whereas the needle-shaped grains result from slower nucleation
and increased particle growth. However, the specific conditions that give rise to these
habits are currently unknown, and in the absence of additional data, we cannot conclu-
sively determine whether the goethite formed prior to reaching the cave environment or
precipitated inside the cave. A better understanding of the mechanisms behind the in-
troduction of goethite to cave systems may provide useful insight into the origins of the
varied morphologies observed in this study, as well as their role in remanence acquisition
and potential use as a proxy for environmental conditions.
While it is currently impossible to prove that goethite formed authigenically on the
surface of these particular stalagmites, we propose that the precipitation of goethite is
favorable in most cave environments. Drip waters in most karst environments, excluding
those characterized by sulfidic groundwater, have pH values ranging from 7 to 8 and Eh
values ranging from 0.4 V to 0.6 V (White, 1997). When groundwater is first exposed to
the atmosphere inside a cave, dissolved CO2 outgasses from the drip water, causing its
pH to gradually increase and reducing the solubility of dissolved iron, which leads to the
precipitation of iron-bearing minerals (Dreybrodt , 2012). According to the Eh-pH phase
diagram of Lemos et al. (2007) showing the thermodynamic stability fields of various
iron minerals, most drip waters fall decisively within the stability field of goethite. In
contrast, stability conditions for magnetite require significantly lower pH values and
corresponding Eh values below 0.0 V and the thermodynamic environment of most
groundwater is far from favorable to these conditions. In fact, iron-sulfide minerals such
as pyrite and pyrrhotite would precipitate from cave drip water before magnetite became
thermodynamically favorable. While abiotic precipitation of magnetite is unlikely, it is
possible that magnetite could be produced in situ on stalagmite surfaces if local Eh-pH
conditions were biologically mediated on the submillimeter scale, an idea first proposed
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by Perkins and Maher (1993).
Regardless of where goethite forms, either authigenically on a stalagmite surface or
immediately adjacent to a cave system, the combination of goethite’s submicron grain
size and exceedingly low saturation magnetization (0.31 ± 0.03 Am2 kg-1) (Martin-
Hernandez and Garc´ıa-Herna´ndez , 2010) make it unlikely that such grains would be
able to overcome the Brownian motion of water molecules in order to rotate into sta-
tistical alignment with the Earth’s magnetic field and acquire a depositional remanent
magnetization (DRM) (Tauxe et al., 2014). The different morphologies of goethite ob-
served in this study suggest that factors like water chemistry, ambient temperature, and
drip rate may play important roles in determining the particular morphology of goethite
that is hosted by a stalagmite. This remains an active area of research, but unless it
can be demonstrated that magnetite can precipitate directly in a cave environment, any
chemical remanent magnetizations (CRMs) held by speleothems are most likely held
by goethite. However, as it has not yet been conclusively shown that goethite precipi-
tates concurrently with its host calcite layer in a stalagmite, we caution against reliance
on this component, especially in light of concerns about the effects of postdepositional
CRMs in sediment cores (Lascu and Feinberg , 2011).
4.5.2 The Source of DRM
The speleothems addressed in this study that are best suited for rock magnetic analyses
have elevated NRM intensities due to the presence of detrital magnetite and titano-
magnetite. The titanomagnetite, exsolved ulvo¨spinel, and exsolved hemoilmenite grains
imaged in samples NC11-1, SVC982, and CC-99-DBL-L could not have formed inside
the cave environment; these minerals form exclusively in igneous environments, and
the exsolution textures observed on several grains form only during slow cooling of ig-
neous intrusions. Likewise, the titanium content of the spherules found in these three
caves precludes their formation in the caves or their overlying soils, suggesting that
they originated from micrometeorites or volcanic eruptions. (The spherules also share
a similar appearance to industrial fly-ash, yet this origin can be excluded as all samples
examined in this study significantly predate the onset of the Industrial Revolution.)
Further, Niagara Cave, Spring Valley Caverns, and Crevice Cave are all situated to
the south of their respective nearest igneous intrusions. These grains must therefore
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be allochthonous in origin, and the remanence they carry is categorized as depositional
remanent magnetization (DRM). However, these grains are not always heavily abraded,
as would be expected in the morphological model put forward by Perkins (1996); in
fact, fine lamellae are readily visible on multiple grains through SEM (Figures 4.7a -
4.7e). Rather, this study indicates that there is not likely to be a single specific grain
morphology associated with the magnetic minerals that carry a stalagmite’s DRM.
We suggest that glaciers moving north to south may have played a role in the
transport of these grains from intrusion to cave flood source region, either through
primary transport by the ice itself or secondary transport by outwash. Although none of
these caves were covered with glaciers during the most recent glacial maximum, outwash
from earlier glacial melt could have carried these grains further south. The small size of
the allochthonous grains (< 5 µm) would allow them to be suspended within downward
percolating groundwaters and ultimately deposited as magnetic detritus within cave
drip water.
Latham et al. (1989) studied magnetic extracts from speleothems, using light mi-
croscopy to detect both magnetite and titanomagnetite, which was indicated by exso-
lution lamellae. Perkins (1996) does not report any exsolved grains. This study is the
first (of which we are aware) to report both exsolved exsolution textures and elemental
analyses for these types of grains in speleothems.
4.5.3 The Combined Application of Rock Magnetism and Electron
Microscopy
The combined rock magnetic and electron microscopy methods used in this study al-
low for a more nuanced understanding of the magnetic mineral assemblage found in
speleothems. Rock magnetic characterization suggests that magnetite, titanomagnetite,
and goethite are the primary paleomagnetic recorders in these five stalagmites. However,
microscopy reveals that this analysis does not tell the entire story. Multiple ulvo¨spinel
and hemoilmenite grains were identified microscopically, with no indication from mag-
netic results, providing otherwise unobtainable information about the transport history
of magnetic material in these stalagmites. Further, the multiple morphologies of goethite
indicate several subpopulations of grains, each of which formed in a unique thermody-
namic environment, which would have been impossible to determine from magnetic
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study alone.
Even speleothems with low magnetic intensity, as indicated by saturation magne-
tization (M s), are potentially rewarding for magnetic extraction and microscopy. The
M s of sample CC-99-DBL-L is the lowest of all five samples; however, differential ex-
traction yielded a population of magnetic grains spanning the size ranges appropriate
for both SEM and TEM analysis. In contrast, the M s of sample SVC06 is a full order
of magnitude higher, but this sample yielded inadequate magnetic extracts for micro-
scopic analysis. Further refinement and testing of the differential extraction method is
necessary.
4.5.4 Further Work and Applications
There remains a great deal to be discovered regarding the magnetic minerals in speleothems.
Future expansion of this study would enlarge the range of factors considered to include
the chemistry of the cave environment, sample collection depth, and the influence of
geographic factors like proximity to igneous provinces and exposure to glacial events.
The determination of potential biological influences on the magnetic mineral assemblage
in speleothems is of particular importance, as it may enable researchers to determine
conclusively whether magnetite can precipitate in situ on a stalagmite surface. Further
analysis of the conditions necessary for the precipitation of goethite in cave systems
may elucidate the utility of speleothems for environmental magnetism. With a better
understanding of the roles of environmental indicators like Eh and pH, goethite growth
could be used as a proxy for climatic conditions, complementing current paleoclimate
research based on carbon and oxygen isotopic ratios in speleothems, especially with re-
spect to compositional changes in wet and dry periods that co-vary with environmental
conditions.
The ubiquitous presence of goethite in our stalagmite samples suggests that care
should be taken in rock magnetic studies to remove any unwanted chemical remanence
associated with this mineral. We suggest a thermal pre-treatment step of 150 ◦C in zero
field. The Ne´el temperature of goethite ranges from 102 ◦C for large, defect-poor single
crystals to ∼120 ◦C for poorly crystalline samples with high concentrations of min-
eral defects (Martin-Hernandez and Garc´ıa-Herna´ndez , 2010); therefore, pretreatment
at 150 ◦C should provide adequate thermal energy to remove all goethite remanence.
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This thermal step may also remove a portion of the low-coercivity remanence held by
magnetite and titanomagnetite, reducing the overall remanence to an intensity near
the sensitivity limit of most SQUID-based cryogenic rock magnetometers, but it will
improve the likelihood that the remaining remanence is held by detrital grains. The
remaining remanence can then be quantified using traditional alternating field methods
for samples dominated by low-coercivity magnetic minerals, such as magnetite and ti-
tanomagnetite and their partially oxidized equivalents, or thermal demagnetization for
samples dominated by high-coercivity magnetic minerals, such as hematite.
4.6 Concluding Remarks
The combined rock magnetic and electron microscopic analysis of five North American
stalagmites proved to be a useful method in describing the correlation between paleo-
magnetic remanence and magnetic mineral assemblages. In all samples, magnetite and
goethite were present in varying abundances and morphologies. Magnetite grains dis-
played features characteristic of transport, including plumose markings and etch pits,
providing evidence of a detrital origin. Titanomagnetite and exsolved intergrowths of
iron-titanium oxides were also found through microscopic analysis, further emphasiz-
ing that a significant portion of the magnetic mineral assemblage is allochthonous and
must have been transported over a considerable distance to reach the cave system. The
allochthonous grains display a range of morphologies, from euhedral to well rounded,
suggesting that the morphological model of Perkins (1996) does not apply fully in every
geologic setting. These detrital grains likely hold a depositional remanent magnetiza-
tion, whereas the goethite grains observed are unlikely to hold a depositional remanence
due to their small size and low saturation magnetization. If they were precipitated in
situ on the stalagmite’s drip surface, they may instead hold a chemical remanent mag-
netization. Further study is needed to determine the paleomagnetic significance of
goethite remanence; until then, we suggest that paleomagnetic studies of stalagmites
include a 150 ◦C thermal demagnetization step in order to remove any remanence held
by goethite.
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4.7 Applications to Environmental Magnetism
Speleothems are well-established as paleoclimate archives because of the high resolu-
tion with which they can be dated through uranium series isotopic methods. These
climate reconstruction techniques generally focus on geochemical measurements of sta-
ble isotopes, particularly carbon and oxygen, which serve as indicators of environmental
change (Hardt , 2010; Denniston et al., 2007; Fairchild et al., 2007). Paleoclimate studies
of soils and other sediments have demonstrated that magnetic properties can be used
as an alternative indicator of climate change in natural systems, particularly precip-
itation histories (e.g., Maher and Thompson, 1995). The pre-transport formation of
magnetic minerals in sedimentary systems, including the soils that overlie many caves,
is intrinsically linked to environmental conditions.
Improvements to the characterization of magnetic minerals in speleothems have sug-
gested their potential for use in environmental magnetic studies. Bourne et al. (2015)
expanded on the characterization work of Strauss et al. (2013) by using sample BCC10
from Buckeye Creek Cave, West Virginia to establish a method for the differentiation
of contributors to total magnetization throughout the stalagmite. Strauss et al. (2013)
showed that the magnetic mineralogy of BCC10 is dominated by goethite, with small
contributions from magnetite. Through the application of an isothermal remanent mag-
netization (IRM), Bourne et al. (2015) were able to trace the concentration of magnetite
along the length of the stalagmite and found a correlation between the δ18O record of
Hardt (2010) and a ‘soft’ component of magnetization (affected by fields ≤ 0.3 T) con-
sistent with pedogenic magnetite. These results suggest that in BCC10, while the total
flux of magnetic material into the cave system is related to increased precipitation, in-
creased contributions from pedogenic magnetite correspond with greater contributions
from summer precipitation in particular. This is the first evidence for the potential of
calcite speleothems as magnetic recorders of paleoclimate as well as paleofield variation.
4.8 Endnotes
Samples for this study were provided by E. C. Alexander and R. L. Edwards. John Ack-
erman and the Minnesota Cave Preserve provided access to Spring Valley Cavern. Harry
Rowe and Greg Springer facilitated access to samples from Buckeye Creek Cave. Parts
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of this work were carried out in the Characterization Facility, University of Minnesota,
a member of the NSF-funded Materials Research Facilities Network (www.mrfn.org)
via the MRSEC program. Magnetic measurements were conducted at the Institute for
Rock Magnetism, University of Minnesota.
Chapter 5
The Magnetic Mineralogy of the
Crust of Mercury
5.1 Introduction
The majority of rock and paleomagnetic research methods were originally developed
for application to materials collected on Earth and analyzed with Earth-based instru-
mentation. In any other case, the collection and interpretation of magnetic data in a
geological context requires the use of novel techniques based on the fundamental the-
ories behind the field of rock magnetism. The study of magnetic materials on other
terrestrial inner solar system planets relies on the assertion that the physical principles
that define magnetism are universal. Magnetic minerals on bodies like the Moon, Mars,
and Mercury are subject to the same basic mechanisms of magnetic recording as those
on Earth, although the conditions in which magnetization occur vary widely.
The planet Mercury has been the subject of two orbiter missions: Mariner 10, which
conducted three flybys in 1974 and 1975, and MESSENGER, which orbited Mercury
from 2011 through 2015. Both orbiters carried magnetometer instrumentation designed
to detect and characterize planetary magnetic fields. The Mariner 10 mission found
that Mercury has a planetary magnetic field consistent with a dynamo mechanism of
field production (Ness et al., 1974, 1976). These results were confirmed by the MES-
SENGER orbiter, which found that Mercury’s field is approximately dipolar, with a
surface intensity ≤ 1% of the Earth’s field (Anderson et al., 2008, 2011; Alexeev et al.,
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2010; Johnson et al., 2012; Philpott et al., 2014). MESSENGER also detected the first
evidence for crustal magnetization at Mercury (Johnson et al., 2015), although the
magnetic mineralogy of the planet is unknown.
Unlike the Earth, Mars, and the Moon, no physical samples have ever been acquired
from Mercury, either in the form of meteorites or material collected in situ and returned
to the lab. This presents a clear challenge for the study of magnetic mineralogy. In
the absence of material specimens, Mercury serves as a case study for the application of
rock magnetic principles and techniques designed for lab-based use in a remote planetary
setting. Based on the assumption that the fundamental properties of magnetic minerals
are constant from planet to planet, the magnetic mineralogy of a body observed from
a distance can be constrained through the interpretation of observed magnetization in
the context of an increasingly well-understood magnetizing environment. Here, orbital
data is combined with rock magnetic principles to assess the types of magnetic minerals
that could be holding remanence in Mercury’s hot, highly reducing surface conditions
and to propose mechanisms of magnetization and remagnetization in the presence of a
weak planetary field.
The contents of sections 5.2 through 5.5.5 have been accepted for publication in the
Journal of Geophysical Research: Planets under the title ‘The magnetic mineralogy of
Mercury’ (first accepted 16 May 2016, revisions submitted 5 August 2016) and have
been modified to meet formatting guidelines. This work is included by permission of
the publisher. Coauthor C.L. Johnson provided expertise on the MESSENGER mission
and conducted thermal modeling. J.M. Feinberg supervised project design and provided
mineralogy expertise.
5.2 Magnetism at Mercury
Mercury and Earth are the only inner solar system planets with active, internally gen-
erated dynamo magnetic fields (Ness et al., 1974; Anderson et al., 2008, 2011; Hulot
et al., 2015). The Earth’s dynamo field has an average equatorial intensity of ∼30 µT
at the planet’s surface and is dominantly dipolar, with secondary non-dipole contribu-
tions existing on historical (Jackson et al., 2000), archaeological (Korte et al., 2011),
and geological (Aubert et al., 2010) timescales. In contrast, Mars and the Moon do
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not have present-day dynamo fields, although magnetized crustal rocks on Mars pro-
vide evidence for a strong field billions of years in the past (Acun˜a et al., 1999; Dunlop
and Arkani-Hamed , 2005) and there is mounting evidence for an early dynamo field on
the Moon (Fuller , 1998; Wieczorek et al., 2012; Weiss and Tikoo, 2014). The dynamo
history of Venus is unknown, in part because the resurfacing history of the planet may
have erased any evidence for past core fields (e.g., Schubert et al., 2005).
The present-day magnetic field of Mercury has been analyzed by magnetometers on
Mariner 10 and the MErcury Surface, Space Environment, Geochemistry, and Ranging
(MESSENGER) orbiter. These missions found an approximately dipolar field with an
average moment of 190 nT RM
3, where RM = Mercury’s radius (Anderson et al., 2008,
2011; Alexeev et al., 2010; Johnson et al., 2012; Philpott et al., 2014), equivalent to
a surface field strength less than 1% of that of the Earth. The equator of Mercury’s
magnetic field is offset northward from the planet’s geographical equator by ∼480 km,
and unlike Earth’s field, it is highly axisymmetric about the planet’s rotational axis
(Anderson et al., 2011; Johnson et al., 2012).
The Earth, the Moon, Mars, and most recently Mercury (Johnson et al., 2015) all
show evidence for crustal magnetization. Remanent magnetization, the ancient mag-
netization held by geological materials, is of particular importance for understanding
planetary interiors because it can provide information about the intensity, orientation,
and temporal variations of ancient dynamo fields, which in turn constrain models for
the thermal evolution of a given planet or moon. Furthermore, lithospheric magneti-
zation, whether induced in a modern field or acquired in an ancient field and retained,
yields indirect information about the distribution of iron-bearing minerals. However,
the interpretation of crustal magnetic fields on extraterrestrial bodies presents a series
of challenges due to the limited types and amount of data available. In the optimal case,
direct samples (e.g., rocks collected in situ on Earth and the Moon) may be analyzed to
establish magnetic mineralogy and recording properties as well as radioisotopic ages for
known source regions, enabling the interpretation of magnetizations. Indirect samples
(e.g., meteorites) are also useful for the characterization of host bodies, but their records
of magnetic fields are less straightforward to decipher because of the complex processes
involved in delivering material from its host body to Earth and the lack of information
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regarding its exact provenance. Remote satellite observations detect the spatial distri-
bution and intensity of magnetic fields that result from crustal magnetization, providing
an alternate data set.
The intensity of magnetization that may be held by a given material is dependent on
both the strength of the magnetizing field and the fundamental magnetic properties of
the material, which are determined primarily by its composition and mineralogy. The
interpretation of magnetization data collected by satellites is complicated by ambiguities
surrounding the mechanisms and timing of remanence acquisition, the mineralogical
properties of the recording material, and the physical and chemical conditions to which
this material has been subject since the time of initial remanence acquisition.
The first identifications of Mercury’s crustal field (Johnson et al., 2015) have been
confirmed by spatially extensive low-altitude observations that cover much of the north-
ern hemisphere (Johnson et al., 2016). Lithospheric fields are weak, typically < 30 nT
at spacecraft altitudes, and the shortest anomaly wavelengths observed are a few tens
of km, even at spacecraft altitudes less than 10 km. The strongest measured fields are
associated with the Caloris and circum-Caloris regions, which include regions of smooth
plains whose origin (volcanic or impact) is debated (Denevi et al., 2013; Hood , 2015;
Johnson et al., 2016). Elsewhere, field amplitudes are weaker and exhibit shorter co-
herence length scales, including over Mercury’s northern volcanic plains (Head et al.,
2011). Magnetic signatures are often, but not always, associated with impact basin
interiors and/or ejecta materials (Johnson et al., 2015, 2016). Calculations show that
in the absence of remanent magnetization, induced magnetization alone would require
magnetized layer thicknesses in excess of 100 km (Johnson et al., 2016) to explain the
strongest crustal signals measured. Thus, although contributions from induced magne-
tization or VRM are possible, the MESSENGER data suggest a component of remanent
magnetization acquired in an ancient field with a strength between that of Mercury’s
present dipole field and higher Earth-like values (Johnson et al., 2015). Studies of the
chronology of acquisition of magnetization are still in progress but are not simple to
elucidate. First, for remanent magnetization, timing is not obvious. For example, the
strong magnetizations associated with the smooth plains in and around the Caloris basin
could be (1) as old as Caloris, (2) the age of the smooth plains, or (3) younger than the
smooth plains if substantial intrusion followed the last episode of extrusive volcanism
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(∼3.5 Ga) (Byrne et al., 2016). Unlike on Mars, magnetic signatures associated with
craters show no obvious pattern with relative crater ages (Johnson et al., 2016). Sec-
ond, determination of the respective roles of different mechanisms of magnetization on
Mercury will require constraints on its magnetic mineralogy.
The interpretation of Mercury’s crustal field is particularly challenging because of
the limited amount of information available regarding the physical and chemical envi-
ronment of the planet’s lithosphere. Here we describe constraints on that environment,
past and present, in order to establish the conditions in which magnetization may have
been acquired by crustal rocks. Three factors are central to the determination of Mer-
cury’s magnetic mineralogy: the temperature profile of the lithosphere and its evolution
over time, redox conditions in the planet’s crust and mantle, and the iron content of
the lithosphere. We also explore possible mechanisms for remanence acquisition and
alteration on Mercury and ultimately propose a suite of minerals that could be acting
as carriers of the remanence responsible for measured magnetic anomalies.
5.3 Chemical and Thermal Constraints on Magnetization
Compared to other inner solar system planets, Mercury is both hot and highly reducing;
thus, two of the primary controls on recorders of magnetism are thermodynamic stability
conditions and, for remanent magnetization, the temperature profile of the lithosphere
and its evolution over time. Here we describe the present-day redox conditions of the
crust and summarize known constraints on the iron content of the crust and mantle. In
addition, we outline the present-day thermal conditions of Mercury’s crust and establish
how these conditions may have varied over time.
5.3.1 Compositional Constraints
The chemistry of Mercury is unique among inner solar system planets. Mercury is
highly reducing (Figure 5.1), with a reported mantle oxygen fugacity (f O2) in the range
of -6.3 to -2.6∆IW (log units below the iron-wu¨stite buffer) (McCubbin et al., 2012),
lower than those of most known small bodies and all other terrestrial planets (Wadhwa,
2008). These estimates are based on Mercury’s high average density and on the high
S and low FeO abundances measured at the planet’s surface by MESSENGER’s X-Ray
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Figure 5.1: Summary of the redox conditions on small bodies, the Moon, and terrestrial
planets. Redox conditions are shown relative to the iron-wu¨stite buffer (∆IW). Modified
from Wadhwa (2008) (via Frost and McCammon (2008); McCubbin et al. (2012)).
Spectrometer (XRS) and Gamma-Ray Spectrometer (GRS) (Malavergne et al., 2010;
McCubbin et al., 2012). This suggests that the carriers of remanence at Mercury will be
markedly different from the iron oxide minerals that dominate relatively oxidizing sys-
tems like the Earth and Mars, as these minerals would be thermodynamically unstable
in such reducing conditions.
The Earth’s crust has an iron abundance of 5.6 wt. % Fe (Pepperhoff and Acet ,
2001; Haynes et al., 2016), while the Martian crust has a high iron abundance of ∼
20 wt. % Fe (Kletetschka et al., 2000a), with an expected magnetic mineral content
of 4-7% (Dunlop and Arkani-Hamed , 2005). The combination of spectral data from
MESSENGER with equilibrium crystallization modeling has been used to suggest an
iron abundance of ≤ 10 wt. % FeO (∼7.7 wt. % Fe) (Riner et al., 2010) in the crust
of Mercury. Further constraints are provided by XRS measurements, which give ranges
of 1.5-2 wt. % Fe, indicating that Mercury is iron poor relative to Earth and Mars
but comparable to some lunar rocks (Weider et al., 2012). This low iron abundance,
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however, is still greater than that of melts from enstatite chondrites suggested as possible
precursor materials for Mercury (Weider et al., 2012, 2014).
Iron oxide minerals like those responsible for most remanent magnetization on Earth
and Mars are therefore unlikely to form in the reducing crust of Mercury. Instead, most
crustal iron is expected to be incorporated into other minerals whose thermodynamic
stability conditions are more consistent with those of Mercury, particularly those min-
erals whose occurrence and microtextures are controlled by igneous processes. The role
of iron abundance should be considered with care, as low bulk crustal iron does not
necessarily indicate that the population of materials responsible for remanence is domi-
nated by iron-poor minerals. For instance, on the Earth’s Moon, where iron abundance
ranges from Mercury-like values in the highlands to higher-than-Earth values in exposed
lower crustal material (Lucey et al., 1995), the magnetic mineralogy of crustal rocks is
dominated by iron and iron-nickel phases (Fuller , 1998). Some lunar breccias host Fe-
Ni alloys, while mare basalts are dominated by multidomain (MD) iron, with small
amounts of single-domain (SD) iron whose fine grain size and high shape anisotropy
give rise to high coercivities of remanence (Fuller , 1998; Tikoo et al., 2012).
5.3.2 Thermal Constraints
Temperature controls the fundamental rock magnetic properties of magnetic materials
and, in turn, their ability to retain a permanent magnetization, although its effects
vary with composition. Each ferromagnetic material has an intrinsic Curie temperature
(TC) above which its behavior is paramagnetic, with no long-range magnetic order, re-
gardless of pre-existing magnetic remanence. A thermoremanent magnetization (TRM)
is acquired by a population of magnetic grains when they are cooled through their TC
in the presence of a magnetic field, causing a statistical alignment of their individual
magnetizations such that their net moment corresponds with the field’s orientation and
intensity. Conversely, if such grains are cooled through TC in the absence of a field,
magnetic moments of individuals grains do not align and the resulting net moment is
near zero.
The surface of Mercury experiences dramatic variations in temperature because of
its eccentric orbit (e = 0.2056) and 3:2 spin-orbit resonance, which together yield a
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daily insolation signature that varies with both latitude and longitude. The highest cal-
culated noontime temperature under present-day orbital conditions is ∼430 ◦C (703 K)
(Vasavada et al., 1999), although the relevant boundary condition for thermoremanent
magnetization (TRM) acquisition and stability is the average daily surface temperature
(T S) at ∼1 m depth in the crust (below the penetration depth of diurnal and seasonal
temperature fluctuations in a regolith layer with low thermal conductivity (Vasavada
et al., 1999)). As shown in Figure 5.2a, this ranges from -181 ◦C (92 K) at the north
and south poles (the spin poles) to 55 ◦C (328 K) at the equator at 90◦/270◦E (the
‘cold’ poles) and as high as 160 ◦C (433 K) at the equator at 0◦/180◦E (the ‘hot’ poles).
For a given average thermal gradient through the lithosphere, geographical varia-
tions in surface temperature (T S) translate directly into variations in the depth to a
particular isotherm; the minimum (intermediate, maximum) depth occurs at the hot
(cold, spin) poles. These variations, together with the thermal gradient in the litho-
sphere, are crucial determinants in the distribution of any crustal remanence. If the
TC of a magnetic mineral is less than the temperature in the crust at a given loca-
tion and depth, the mineral will not be capable of retaining a TRM. Thermal evolu-
tion models for Mercury suggest an average present-day thermal gradient of ∼4 K/km
(Williams et al., 2007; Grott et al., 2011; Tosi et al., 2013). Figure 5.2b and Figure
5.2c show the maximum possible thickness of the magnetized layer, or the depth to the
TC isotherm, for pyrrhotite (Fe7S8, TC = 320-325
◦C) and iron (TC = 770 ◦C) respec-
tively in these thermal conditions. (Here we assume a homogeneous magnetic layer.
Heterogeneous magnetic layers are outside the scope of this study, given the few con-
straints on Mercury’s detailed crustal structure.) For iron, the maximum depth to TC
exceeds the average thickness of Mercury’s crust (∼40 km (James et al., 2014; Padovan
et al., 2015)) over the entire planet, indicating that, considering present-day thermal
constraints alone, some magnetic minerals could hold a TRM in the upper mantle.
Neither orbital eccentricity nor planetary heat flux have been constant over geologic
timescales. Mercury’s orbital eccentricity may have ranged from e = ∼0.12 to 0.31
over the last 50 Ma and from e = 0 to 0.4 over the past 4 Ga (Correia and Laskar ,
2009). Changes in e are expected to have occurred on much shorter timescales than
changes in the spin-orbit resonance and thus to have been the primary control on surface
temperature (T S) over time (Correia and Laskar , 2009). Because the evolution of
98
Figure 5.2: Temperature conditions at Mercury for present-day eccentricity (e = 0.2056)
and heat flow. All temperatures in K; all depths in km. (a) Average daily temperature
at 1 m depth (beneath the depth of the penetration of the diurnal temperature wave).
(b) Depth to the Curie temperature (ZTc) for pyrrhotite. (c) ZTc for iron.
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eccentricity is unknown, this effect cannot be assessed directly. Instead, bounds on
T S at a given location can be obtained by comparing the T S values predicted at that
location for a range of eccentricities. Figure 5.3a shows the maximum value of T S as a
function of position computed for eccentricities ranging from 0 to 0.4. This provides an
estimate of the upper bound on T S at a particular location on Mercury over the past 4
Ga.
Thermal evolution models suggest that globally averaged thermal gradients at ∼4
Ga were up to 2.5 times greater than those today (Williams et al., 2007; Grott et al.,
2011; Tosi et al., 2013). The corresponding depth to TC for a given magnetic mineral
in the past can be obtained by scaling the values in present-day models by the ratio of
the past to the present thermal gradient, as demonstrated for pyrrhotite in Figure 5.3b
and Figure 5.3c.
5.4 Magnetization and Demagnetization of the Magnetic
Layer
The mechanisms of remanence acquisition and alteration in the magnetic layer of Mer-
cury’s crust are expected to be broadly similar to those at work on other terrestrial
planets, particularly the Earth and its Moon.
5.4.1 Acquisition of Primary Remanence
Magnetic minerals in a planet’s crust can acquire a primary remanence during their
formation or emplacement. The initial acquisition of remanence is controlled by the
intensity of the applied field and the susceptibility of a given mineral to magnetization,
and limited by the mineral’s saturation magnetization (M s). As described in Section
5.3.2, thermoremanent magnetization (TRM) is produced when a population of ferro-
magnetic grains cools through the grains’ TC in the presence of the planetary magnetic
field. Alternatively, minerals that precipitate in the presence of the planetary field and
grow through a critical grain size while remaining below their TC can record the field
as a chemical remanent magnetization (CRM).
The theoretical maximum crustal magnetic field intensity in a given region scales
with the volume of the magnetized material (i.e., the thickness of the magnetic layer)
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Figure 5.3: Maximum average daily temperature at Mercury for eccentricities ranging
from e = 0 to 0.4. All temperatures in K; all depths in km. (a) Maximum average
daily temperature at 1 m depth. (b) Minimum depth to the Curie temperature (ZTc)
for pyrrhotite for the temperature distribution in (a) and a thermal gradient of 4 K/km
(present day and recent geological past). (c) ZTc for pyrrhotite for the temperature
distribution in (a) and an ancient (∼3-4 Ga) thermal gradient of 10 K/km. ZTc(X )
for a magnetic mineral X with Curie temperature TC(X ) can be computed from that
for pyrrhotite at a given thermal gradient, dT/dZ, by: ZTc(X ) = ZTc(Pyrrhotite) +
((TC(X ) - TC(Pyrrhotite)) / (dT/dZ))
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and is controlled by variations in M s between materials. In the same applied field,
a thin layer of a mineral with high M s can account for the same magnetic moment
(and resulting crustal field) as a thicker layer of a mineral with lower M s. However,
a high TC can allow a mineral with low M s to hold a stable remanent magnetization
to greater depths, producing a stronger total magnetic moment. Further complication
is introduced by the variability of the M s, which typically decreases as temperature
increases toward TC. In the absence of independent constraints on magnetic mineralogy
or the magnetizing field, these relationships among magnetic layer thickness, Curie
temperature, saturation magnetization, and magnetizing field strength result in non-
unique solutions in the modeling of the geophysical properties of Mercury’s crust and
the evolution of the dynamo field.
5.4.2 Alteration and Demagnetization of Remanence
Thermal processes are common mechanisms of de- or remagnetization in planetary litho-
spheres. As a population of ferromagnetic minerals is heated above its TC subsequent
to initial remanence acquisition, any prior statistical alignment of magnetization is pro-
gressively erased such that a new remanence dependent on ambient magnetic field con-
ditions is recorded on cooling. Thermal remagnetization is commonly associated with
magmatic systems on Earth and Mars and could also occur on Mercury. However, the
geographical variation in surface temperatures related to changes in orbital eccentric-
ity and spin-orbit resonance at Mercury (Vasavada et al., 1999; Siegler et al., 2013)
may produce regions in which thermal fluctuations independent of igneous processes
contribute to remagnetization.
The chemical alteration of existing minerals can produce a secondary CRM, over-
printing part or all of the original remanence. The acquisition of secondary CRM on
Earth is commonly the result of oxidation or grain growth through a critical blocking
volume, often mediated by fluid movement through the crust. The role of fluids in
modifying the mineralogy of Mercurian crustal minerals is poorly constrained, but if
subsurface fluid motion has occurred during Mercury’s evolution, this mechanism has
the potential to create localized zones of varied oxidation state.
Shock-induced pressure remanent magnetization (PRM) can play a major role in
re- and demagnetization mechanisms. PRM is thought to have been important early in
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the history of Mars (Gattacceca et al., 2010; Louzada et al., 2011) and may also have
contributed to the observed lunar crustal field record (Wieczorek et al., 2012; Weiss and
Tikoo, 2014), altering the original remanence of crustal materials during impact crater
formation. The resulting patterns of magnetization correspond with crater features and
are often identifiable from spacecraft orbit (Louzada et al., 2011). Although the PRM
process is typically less efficient than TRM, distinguishing the signatures of these two
mechanisms requires additional information about the relative timing, intensity, and
types of magnetization in the surrounding terrain.
Viscous remanent magnetization (VRM) is progressively acquired through the re-
alignment of magnetic moments as a material is exposed to a magnetic field different
from the field in which it acquired its original remanence. The acquisition rate of a
viscous magnetization varies as a function of temperature and grain size, which control
the material’s relaxation time (Ne´el , 1949; Pullaiah et al., 1975). Generalized models
have been developed to predict the behavior of VRM for common terrestrial minerals
such as magnetite, hematite, and pyrrhotite (Pullaiah et al., 1975; Moskowitz , 1985;
Dunlop et al., 2000; Jackson and Worm, 2001) and have been applied to the decay
of thermal remanence in Martian crustal systems (Dunlop and Arkani-Hamed , 2005).
Additionally, a model for pure iron was developed and applied to lunar crustal mag-
netizations (Garrick-Bethell and Weiss, 2010). These models give a broad but useful
approximation of the de- and remagnetizing effects, as they typically assume that a ma-
terial is composed exclusively of either single-domain (SD) grain sizes or multidomain
(MD) grain sizes, whereas real rocks contain a broad range of grain sizes and shapes.
The behavior of the planetary field may also affect acquisition of VRM. Although
Mercury’s dynamo field shows no definitive evidence for secular variation over the past
40 years (Philpott et al., 2014), its long-term stability is not yet known. In a dipolar
field that undergoes reversals or dramatic changes in intensity, viscous mechanisms
would lead to the overall decay of crustal magnetization as new magnetic moments
progressively cancel. In contrast, a non-reversing dynamo could result in a progressive
increase in bulk magnetization as the extent of moment alignment increases.
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5.4.3 Induced Magnetization
On Earth and Mercury, crustal minerals can acquire an induced magnetization in the
planet’s modern field. For materials that already hold remanent magnetization, the
resulting net magnetization (M net) is a vector sum of two distinct magnetic sources,
one modern (M ind) and one ancient (M r):
M net = M ind + M r = κH modern + M r (5.1)
where κ is the low field susceptibility and Hmodern is the present day applied field
(McEnroe et al., 2009). The material’s saturation magnetization (M s) gives a theoretical
maximum value for M net.
5.5 Implications for Mercury
Here we address the possible magnetic mineralogy of Mercury, evaluating both previ-
ously proposed minerals and several new classes of magnetic minerals with respect to
the constraints described above and defining criteria for the assessment of additional
materials as potential carriers of remanence.
5.5.1 Criteria for New Candidate Minerals
A complete determination of the magnetic mineralogy of Mercury is precluded by the
limited chemical and geophysical data available. However, according to the constraints
described above, candidate magnetic minerals must meet the following criteria:
Low f O2. Oxygen fugacity conditions at Mercury are expected to be highly reducing
throughout the planet. For a mineral to be thermodynamically stable in the crust, where
magnetic anomalies are expected to originate, its f O2 must fall into the reported range
of -6.3 to -2.6 ∆IW (McCubbin et al., 2012).
Iron-efficient. Compared to the crusts of the Earth and Mars, iron is relatively
scarce in the crust of Mercury, although its geographic distribution is broad (Dunlop
and Arkani-Hamed , 2005; Weider et al., 2012, 2014). Weider et al. (2014) interpret
this distribution to suggest that Fe is primarily contained within iron-poor minerals.
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However, small volumes of Fe-rich minerals in particular configurations (see Section
5.5.3) could account for the strong measured remanence.
TC > TS for remanent magnetization. The minimum required Curie tempera-
ture for stable thermal remanence varies regionally with surface temperature conditions,
but in all cases, TC must be greater than T S at the candidate’s source location. The
lowest TC allowed for any candidate is 92 K, the lowest temperature projected at ∼1
m depth in Mercury’s crust.
There is no minimum required saturation magnetization for existence at Mercury,
but M s determines the intensity of remanent magnetization that may be recorded, which
in turn controls the likelihood of detecting magnetic anomalies from orbit. Candidate
minerals must have either a high M s or a low M s coupled with a high TC to produce
stronger magnetizations at lower volumes.
5.5.2 Evaluation of Candidate Minerals
Previous studies of Mercurian magnetism (Table 5.1) have suggested a range of can-
didates falling into three categories: iron sulfides, iron silicides, and iron alloys. The
list of candidates included here is intentionally broad, including both minerals whose
compositions have been proposed to account for the iron detected by orbital spectrom-
etry and minerals whose magnetic properties have been proposed to be responsible for
crustal magnetism on Mercury, including iron-rich paramagnetic and diamagnetic min-
erals. We address this diverse array of candidates in order to explicate their viability as
potential carriers of magnetic remanence with respect to magnetic criteria.
Because of its relatively high f O2, magnetite (Fe3O4) is unlikely to be stable on
Mercury; it is included here as a point of comparison for less well-studied minerals.
Minerals occurring within the ilmenite (FeTiO3)-geikielite (MgTiO3) solid solution series
(Denevi et al., 2009; Lawrence et al., 2010; Riner et al., 2010) are unlikely to be present
because of their high, narrow f O2 stability range (Ghiorso, 1990). They are also not
eligible carriers of remanent magnetization due to their very low TC values, as nowhere
on Mercury are conditions cool enough to allow them to act as ferromagnetic carriers.
Iron sulfides have been suggested as candidates for remanence because of the
abundance of sulfur in Mercury’s crust (McCubbin et al., 2012; Weider et al., 2014;
Johnson et al., 2015). Johnson et al. (2015) use pyrrhotite (Fe7S8) as a model mineral
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but note that its presence is unlikely, due to the planet’s extremely reducing oxygen
fugacity conditions. Although the TC for pyrrhotite is 320-325
◦C (∼593-598 K), which
is more than 100 ◦C lower than the maximum daily surface temperature of Mercury, it
could retain a TRM at depths greater than those penetrated by the diurnal temperature
wave (∼1 m) for the thermal gradients and surface insolation pattern present today.
Other iron sulfides suggested as repositories of iron on Mercury have a range of Curie
temperatures. Although greigite (Fe3S4) and troilite (FeS) have sufficiently high TC
to be stable in the upper crust, daubre´elite (FeCr2S4), which is found primarily in
meteorites (Kohout et al., 2010), would only be able to hold remanence in regions close
to the north and south poles where T S is lowest. Additional types of sulfides that can
accommodate Fe substitution have been suggested as possible magnetic carriers based
on their presence in enstatite chondrite meteorites. These include niningerite (MgS)
and djerfisherite (K6Na(Fe,Cu,Ni)25S26Cl), the latter of which is also found in skarns,
pegmatites, and kimberlites on Earth (Anthony et al., 2003). These minerals could be
stable under highly reducing conditions like those on Mercury (Wadhwa, 2008), although
information on their magnetic character is lacking.
Iron silicides form under extremely reducing conditions and have been observed in
aubrites and lunar samples (e.g., Anand et al., 2004; Spicuzza et al., 2011), suggesting
that they may be feasible candidates for iron-bearing minerals on Mercury (Weider
et al., 2014). For instance, both perryite ((Ni,Fe)5(SiP)2) and the iron phosphide
schreibersite are found in aubrites (Weider et al., 2014) and in association with kamacite
in unequilibrated enstatite chondrites (Casanova et al., 1993; Rubin, 1997). Hapkeite
(Fe2Si) has been identified in association with fersilicite (FeSi) and ferdisilicite (FeSi2) in
lunar regolith breccias, consistent with formation in highly reducing lunar soil conditions
(Anthony et al., 2003). These minerals have also been suggested to form through high-
temperature shock melting that induces metal-silicate immiscibility (Spicuzza et al.,
2011). However, with the exception of suessite (Fe3Si), their magnetic properties are
not well-characterized.
Iron metal and iron alloys are well established as carriers of magnetic remanence
in extraterrestrial materials, especially lunar samples and iron meteorites derived from
small bodies. Kamacite (γ-Fe), martensite (transitional Fe), and taenite (α-Fe) are
major contributors to remanent magnetization in such materials because of their high
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saturation magnetization values. In addition, three iron alloys found in meteorites are
considered here as candidates, based on their high Curie temperatures: awaruite (Ni2Fe
to Ni3Fe), tetrataenite (FeNi), and wairauite (CoFe), all of which have TC > 500
◦C
(∼773 K). These minerals are expected to be stable in highly reducing conditions, and
both taenite and tetrataenite have previously been found in reduced aubrite meteorites
(Rochette et al., 2009). Nickel has not yet been detected on the surface of Mercury, but
this does not preclude the possibility of its presence. Other elements known to form
magnetic alloys with iron, including aluminum and titanium, are present in varying
amounts (Nittler et al., 2011; Evans et al., 2012). Iron could also be contained in
ferromagnesian silicates (Riner et al., 2010). The thermal and shock histories of the
Mercurian crust may induce precipitation of Fe-Ni inclusions within silicate hosts, as
discussed further in Section 5.5.3. The phases present in a particular region will depend
on its thermal history and cooling rates, which likely vary between regions. In general,
for magnetic sources in the deep crust, cooling rates relevant to deep igneous intrusions
and slow cooling after impacts will be most relevant (tens of K/Ma). For sources nearer
the surface, cooling rates associated with extrusives and shallow intrusives are possible
and would result in different phases and microstructures.
Iron carbides are introduced here as possible carriers of magnetic remanence on
Mercury because of recent evidence for carbon in Mercury’s crust (Vander Kaaden
and McCubbin, 2015; Peplowski et al., 2016). Iron carbides with various compositions,
including cohenite (Fe3C) and haxonite ((Fe,Ni)23C6), have been reported in iron me-
teorites in association with kamacite and taenite (Rubin, 1997). Cohenite in particular
has been found in basaltic rocks on Earth (e.g., Goodrich and Bird , 1985), in aubrite
meteorites (Rochette et al., 2009), and as an intermediary phase during diamond forma-
tion, consistent with thermodynamic stability in highly reducing conditions (Palyanov
et al., 2013). With TC values sufficient to hold remanence in the upper crust of Mercury
(Ivanisenko et al., 2003) and high saturation magnetizations (Hofer and Cohn, 1959;
Sajitha et al., 2007), iron carbides merit inclusion as candidate minerals.
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5.5.3 Additional Considerations: Effects of Grain Size and Microstruc-
tures
In spite of the low availability of iron in Mercury’s lithosphere relative to the Earth and
Mars, iron minerals dominate the list of suggested magnetic remanence carriers. An
ideal magnetic mineral would therefore be capable of producing substantial magnetiza-
tions while being consistent with petrological constraints on plausible iron and crustal
compositions for Mercury. Minerals relevant for remanent magnetization also need to
be able to retain their magnetization over billion-year timescales.
Magnetic domain states, which correlate generally with grain size, control magnetic
recording behavior in ferromagnetic materials. Single-domain (SD) grains are most
likely to hold stable remanence on geologic timescales, but larger multi-domain (MD)
grains are possible carriers of remanence due to defects and domain pinning (Lindquist
et al., 2015). Shape anisotropy also affects magnetization, giving rise to increased in-
tensity and stability over isotropic grains. The most stable possible magnetization in
an SD grain of a given volume is associated with extreme shape anisotropy, particularly
when magnetization is acquired parallel to the long axis of an elongated grain. This
relationship holds across magnetic mineralogies; elongate grains of iron are known to be
capable of a stable SD size (Butler and Banerjee, 1975), while plate-like and pencil-like
grains of hematite have demonstrated nearly square hysteresis behavior (Kletetschka
et al., 2000b).
The distribution of domain states in Mercury’s crust (and by extension the grain
size distribution of its magnetic minerals) will play an important role in determining the
ratio of remanent magnetization (M r) to induced magnetization (M ind), conventionally
referred to as the Koenigsberger ratio, or Q-value, and defined as
Q =
M r
M ind
=
M r
κHmodern
(5.2)
The susceptibility of MD grains is typically high, as weak fields are capable of driv-
ing their domains into configurations whose net magnetizations are in equilibrium with
the applied field, while strong fields are required to significantly alter the magnetiza-
tions of SD grains, whose low-field susceptibilities are therefore relatively low. As a
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result, rocks dominated by SD grains will have low induced magnetizations and high Q-
values, whereas rocks dominated by MD grains will have comparatively stronger induced
magnetizations and high Q-values. An improved understanding of the processes that
control the grain size distribution of magnetic minerals on Mercury will ultimately lead
to an improved interpretation of the magnetic anomalies observed by MESSENGER by
disentangling induced and remanent components of the total measured magnetization.
Magnetic microstructures are also expected to play an important role in the ability
of Mercury’s crust to retain a permanent remanent magnetization. Such microstructures
range from atomic to micrometer length scales and include common mineral phenomena
such as atomic vacancies, edge and screw dislocations, stacking faults, inclusions, and
intergrowth textures associated with spinodal decomposition and/or exsolution in slowly
cooled systems. Iron sulfides, alloys, and oxides commonly exhibit such microstructures,
all of which tend to increase the stability of a material’s remanent magnetization with
respect to changing fields and temperatures (e.g., Lindquist et al., 2015). Laboratory
studies of samples from meteoritic and lunar environments suggest that magnetic mi-
crostructures play a crucial role in the retention of remanence in extraterrestrial systems.
For instance, the ferromagnetic mineralogy of ordinary chondrites is dominated by Fe-
Ni alloys, such as kamacite, taenite, and tetrataenite. These are present either as single
phases in homogeneous grains or as complex microstructures, which are often defined by
sub-micrometer-scale intergrowth textures (Gattacceca et al., 2014). Such intergrowths
have the effect of subdividing large grains, which would otherwise exhibit multidomain
behavior, into assemblages of interacting single-domain grains. Additionally, studies
of silicate minerals, such as pyroxenes and feldspars, in eucrites and lunar samples
have shown that ‘clouding’ of these minerals is due to the presence of sub-micrometer
inclusions of Fe-Ni metals, sulfides, and ilmenite exsolved along microfractures and dis-
location networks (Bell and Mao, 1973; Gooley et al., 1974; Sclar and Bauer , 1975, 1976;
Dymek et al., 1976; Harlow and Klimentidis, 1980). Studies of lamellar magnetism in
SD and superparamagnetic particles with hematite-ilmenite lamellae demonstrate that
the presence of ferrimagnetic contact layers between lamellae and their hosts can result
in strong remanent magnetization with high coercivity (Harrison and Redfern, 2001;
McEnroe et al., 2002). Lamellar magnetism has not yet been studied in many of the
candidates for magnetic remanence on Mercury and cannot be ruled out as a possible
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source of remanence.
5.5.4 Narratives of Magnetization
Mercury’s crust has been subject to extensive modification over time by volcanism and
impacts. If initial acquisition of remanence occurred in the presence of an ancient field
prior to this modification, the magnetic anomalies detectable above the planet’s surface
should represent the combination of a natural remanent magnetization and additional
magnetic components produced by the later alteration of that magnetization, as well as
possible contributions from induced magnetization.
TRM is the most likely mechanism of initial remanence acquisition for regions of
Mercury’s crust exhibiting the strongest magnetization (Johnson et al., 2016). The long
coherence length scale suggests magnetization at depth with minor contributions from
near-surface materials that would have been most susceptible to shock. The correlation
between the strongest anomalies and associated magnetizations with the smooth plains
in and around the Caloris basin suggest that the 3.7-3.9 Ga surface age of these units
is a plausible lower bound for the age of their initial magnetizing event (Johnson et al.,
2015), although younger magnetizations from later intrusives are possible, as noted
above.
Mercury’s active modern field and high impact flux (Cintala, 1992) suggest that
shock-induced PRM could act as a secondary remanence mechanism rather than re-
sulting in complete demagnetization, allowing crustal minerals to acquire a new in-field
remanence associated with discrete impact events. Current data do not show clear
evidence for a global relationship between crater boundaries and magnetization fea-
tures (Johnson et al., 2015, 2016). If a formation with an existing remanence, such
as a lava flow holding a TRM, is impacted, then the resulting secondary PRM should
be detectable as a magnetically anomalous region defined by anomalies with shorter
wavelengths, which are produced by shallow magnetic layers that are readily altered
by surface processes. TRM may also act as a local remagnetization mechanism within
crater interiors and in association with later magmatism or near volcanic sources.
Because of Mercury’s generally high surface temperatures, VRM may have played an
important role in modifying any original crustal magnetization (Johnson et al., 2015).
Depending on the short- and long-term behavior of Mercury’s magnetic field (e.g.,
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whether it periodically reverses, consistently displays dipolar configurations, and/or
varies in intensity over time), VRM acquisition could diminish or amplify the crust’s
original remanence. However, in most plausible scenarios, VRM is likely to decrease
the intensity of a rock’s magnetization. Identification of magnetic carriers will allow the
calculation of the extent to which a VRM may have decreased the remanence. VRM
is also expected to be more easily acquired in regions where surface temperatures ap-
proach the Curie temperatures of constituent minerals (Pullaiah et al., 1975; Jackson
and Worm, 2001).
Spatial variations in magnetization may allow some discrimination among contribu-
tions from possible mineralogies. Figure 5.2 and Figure 5.3, together with the discussion
of the evolution of heat flow over time, suggest that a possible diagnostic for the presence
of remanent magnetization carried by low-TC minerals would be a spatial distribution of
magnetization that correlates with the surface insolation proposed by Aharonson et al.
(2004). However, even for low-TC minerals, such a correlation need not be present if
the magnetization required to explain the MESSENGER observations can be carried in
a thin layer in the upper crust. On Earth, variations in the strength of magnetization
that correlate with latitude have been suggested as a possible test for induced contribu-
tions to the magnetization (Maus and Haak , 2002), although latitudinal variations in
the inducing field strength of a factor of ∼2 are, in practice, secondary to variations in
susceptibility related to heterogeneous types and distributions of magnetic mineralogy.
5.5.5 Most Likely Carriers of Magnetization
For a proposed carrier of remanence to be plausible, it must be consistent with the
mineralogies expected either in relics of Mercury’s primary crust or in secondary crust
produced by the melting of mantle material. Given the constraints on Mercury’s mag-
netic mineralogy described above, the minerals responsible for observed crustal anoma-
lies are unlikely to be iron sulfides or iron carbides, unless the resulting magnetization
was restricted to geographical regions with low average temperature or to upper crustal
depths. Oxide minerals are not expected to be present. Further experimental work will
be necessary to determine the candidacy of iron silicides, which are poorly character-
ized in the rock magnetic literature. Thus, of the previously proposed candidates for
magnetic remanence carriers, iron metal and iron alloy minerals are the most promising
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based on current understandings of the Mercurian crustal environment.
Iron metal and alloys are thermodynamically stable in highly reducing f O2 condi-
tions like those present at the surface of Mercury. Their high M s values would allow
them to acquire and retain strong remanence consistent with the anomalies observed
by MESSENGER, even in weak applied fields or if other non-magnetic minerals con-
tain some of the limited iron in Mercury’s crust. In addition, the high TC values of
these materials suggest that their acquired remanence would be resistant to thermal
demagnetization in the lithosphere. In comparison to other candidate minerals, iron
alloys provide the strongest magnetic signal per unit mass (Table 5.1). The remanent
and induced magnetization of iron alloys, particularly iron-nickel alloys, is strongly in-
fluenced by exsolution and spinodal decomposition microstructures. In the Mercurian
lithosphere, these grains could exist as discrete grains with complex intergrowths of
Fe and Ni or as metallic inclusions in silicate minerals. However, the susceptibility of
iron alloys to thermoremanent magnetization is not well-characterized, especially as a
function of grain size, making it difficult to assess whether iron alloy minerals could
account for a remanent magnetization consistent with the observed anomalies. Our
ability to assess the plausibility of these scenarios is limited by the lack of physical sam-
ples from Mercury. The determination of fundamental magnetic properties for other
suggested minerals will enable a more realistic assessment of their candidacy as carriers
of magnetic remanence in Mercury’s crust.
Chapter 6
Conclusions and Future Work
6.1 Concluding Remarks
Rock magnetic analytical techniques are a useful alternative to non-magnetic methods
that require large sample volumes or the destruction of rare material that cannot be
replaced. However, non-magnetic methods, particularly chemical and microscopic anal-
yses, are capable of revealing compositional and morphological information obfuscated
by bulk magnetic techniques. By combining magnetic and non-magnetic analyses, the
limitations of both approaches can be overcome, enabling the characterization of mag-
netic materials whose properties would otherwise present insurmountable challenges for
traditional methods. These case studies demonstrate how novel methods integrating
and improving on standard techniques from multiple fields make it possible to study
materials too magnetically weak, rare, or distant to be analyzed through rock magnetic
methods alone.
Planetary crustal magnetism, as observed on inner solar system terrestrial bodies,
is the product of a complex suite of processes operating at a broad range of scales,
from magnetizing planetary fields millions of kilometers across to the sub-micron do-
mains within individual ferromagnetic grains. The mechanisms of remanence acquisition
and alteration on different planets are mediated by the unique environmental condi-
tions present during magnetization, but the basic principles remain constant. Dynamo-
generated dipole fields on inner solar system planets provide an aligning force during the
formation of ferromagnetic minerals in the crust. Magnetic mineralogy varies among
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bodies because of factors including the availability of iron, which controls the abundance
of iron minerals, and oxygen fugacity conditions that determine the thermodynamic
stability of a given mineralogy. Acquisition of remanent magnetization may proceed
through a variety of pathways, often followed by re- or demagnetization because of ex-
ternal processes. The resulting records of planetary fields can be used for paleomagnetic
analyses on Earth as well as the reconstruction of past field behavior on other planets.
6.2 Future Work
In spite of the wealth of new information provided, even the innovative approaches
described here are inadequate in cases like that of Mercury, where the narratives of
remanence acquisition and alteration that can be described from currently available
data are far from complete. The orbital magnetism measurements conducted by MES-
SENGER have near-global coverage at high altitudes, and the planetary dipole field is
therefore well-characterized. However, the types of low-altitude (∼25 km) observations
that have shown evidence for strong crustal magnetization are restricted to three dis-
crete regions covering less that 5% of the planet’s surface (Johnson et al., 2015), with
recent work finding weaker anomalies throughout the northern hemisphere (Johnson
et al., 2016). In comparison, the coverage of crustal magnetic anomaly data for Mars
is nearly global (Connerney et al., 2001). These limited observations can be used to
infer broad categories of remanence acquisition and alteration mechanisms at Mercury
in the context of associated geological processes. In order to determine specific routes
of magnetization in the crust, further information about the distribution and character
of crustal anomalies and the properties of magnetized minerals will be needed. While
additional exploratory missions are required to expand the coverage of crustal anomaly
data, improvements to current understandings of Mercury’s magnetic mineralogy can
be conducted from existing data through the laboratory-based characterization of new
material.
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6.2.1 Direct and Indirect Samples
The most ideal materials for rock and paleomagnetic analysis are direct samples, which
are collected in situ from a known source location. Such samples are expected to ac-
curately represent the mineralogy of their host body and to enable the determination
of regionally specific properties, including records of any magnetic field present. The
latitude of a sample relative to a planetary dipole field during remanence acquisition
affects the vector field recorded. On Mercury in particular, longitudinal variations con-
trol the long-term thermal conditions that determine the distribution and thickness of
magnetized layers in the crust. If the relative radiometric age of a sample’s source can
be determined, its magnetic record can be used to interpret changes in the paleofield
over time and to reconstruct the environmental conditions in which magnetic minerals
were formed and altered.
The magnetic measurement of rock samples in situ is standard practice on Earth,
where field experiments are routinely conducted to acquire paleomagnetic data without
transporting samples to a laboratory. Such experiments are not currently possible on
other planets. (The present robotic population of Mars is not intended for magnetic
analyses.) Many rock and paleomagnetic studies use returned samples, collected in
situ and transported to a laboratory for analysis. This is the case for a majority of
Earth-based studies and for the lunar samples returned during the Apollo missions.
These samples were sourced from known locations on the Moon and analyzed on Earth,
establishing the first evidence for a strong past lunar field in the 1970s (Fuller , 1998).
The Apollo samples are still being used today to decipher the history of lunar magnetism
(e.g., Weiss and Tikoo, 2014).
Indirect samples, namely meteorites, provide material from other planets and small
bodies throughout the solar system. These samples enable the characterization of host
bodies, but the complex processes involved in the transportation of material from one
body to another introduce uncertainty to the interpretation of their magnetic records.
Even if a meteorite’s body of origin is known, it is difficult, if not impossible, to assign
such a sample to its source region. Meteorites are also unoriented relative to their
original magnetizing fields. During the journey from host body to fall location, they
can be subject to secondary fields, as well as thermal processes that may alter the
mineralogy or magnetization of the rock. In this case, the single largest problem with
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indirect samples is that no meteorite has ever been confirmed to be from Mercury.
The lack of both direct and indirect samples from Mercury suggests that further
work on its magnetic mineralogy will require the use of proxy materials.
6.2.2 Proxy Samples
Rocks on Earth that have petrological similarities to the compositions expected on other
planets can be used as reasonable proxies in attempts to constrain their magnetic min-
eralogy (see Dunlop and Arkani-Hamed , 2005). However, the mineralogy of Mercury is
highly dissimilar to that of the Earth. Many of the suggested carriers of magnetization
on Mercury are derived from studies of iron meteorites from small bodies whose compo-
sitions and thermodynamic stability conditions are more consistent with observations of
Mercury’s crust. Samples from these meteorites could serve as a useful proxy for rocks
from Mercury, although such samples are rare and access is often difficult to achieve,
especially in cases where destructive characterization techniques, including demagneti-
zation of original remanence, are necessary. The synthesis of magnetic materials may
therefore be more effective than the use of natural materials in attempts to determine
the magnetic mineralogy of Mercury.
The use of synthetic magnetic material would enable precise control over composi-
tion, ensuring that the minerals studied correspond with those expected in the crust
of Mercury. In addition, large volumes of material could be produced, enabling char-
acterization through both non-destructive and destructive analytical methods with the
potential for reproducibility. For many of the suggested carriers of remanence in Mer-
cury’s crust, especially iron alloys, sulfides, and silicides, information about fundamental
rock magnetic properties is currently lacking. Laboratory characterization of synthetic
materials with known compositions would enable the determination of Curie tempera-
tures and saturation magnetization values for previously unstudied minerals. Further-
more, post-synthesis treatment would allow the production of materials with a variety
of grain sizes, allowing for the study of relationships between grain size and magnetic re-
manence. In the context of current constraints on magnetizing conditions at Mercury’s
surface, this approach offers the most efficient method to improve our understanding of
its magnetic mineralogy.
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